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SUMMARY
Hydrological extremes, including both extreme precipitation events and droughts,
have profound impacts on human life, health, and socioeconomic well-being. Floods and
droughts are among the top three weather-related causes of death and property damage in
the continental United States. U.S. hydrological extremes are dynamically connected to
large-scale meteorological patterns (LMPs) (e.g., atmospheric blocking events, cutoff-low
systems, and cyclones/anticyclones) and planetary-scale climate modes (PCMs) [e.g., El
Niño Southern Oscillation (ENSO) and Pacific Decadal Oscillation (PDO)]. This
dissertation will apply both statistical and dynamical methods to gain a process-level
understanding of the dynamics, variability, and model representations of U.S. hydrological
extremes, as well as of scale-interaction processes that inter-connect regional hydrological
extremes, atmospheric disturbances, and background time-mean flow. Since the underlying
mechanisms of U.S. hydrological extremes occurring during boreal warm season are less
well understood compared to those of the cool season, warm season hydrological extremes
constitute the main subject of this study.
The first part of the work investigates the large-scale organization and modes of
variability of U.S. hydrological extremes. Through an application of a hierarchical
clustering analysis for the period 1950–2005, warm (cool) season U.S. extreme
precipitation events are classified into six (five) canonical patterns, and warm season dry
spells over the central and eastern United States are classified into three types. A maximum
covariance analysis suggests that the North Pacific sea surface temperature (SST)
variability associated with the PDO is the main factor driving interannual-to-decadal scale
variability in warm season U.S. dryness. Two modes of interannual variability are

xvi

identified after removing the PDO-related variability: a meridional oriented dipole in U.S.
dryness in spring is associated with a circulation anomaly field over the Pacific–North
American sector that resembles the West Pacific teleconnection pattern, while a northwest–
southeast (NW–SE) oriented dipole in summer is driven by a cross-Pacific quasi-stationary
wave train. Parallel analyses of the Coupled Model Intercomparison Project’s fifth phase
(CMIP5) models’ historical climate simulations are performed to evaluate the CMIP5
models’ abilities to represent U.S. hydrological extremes and the corresponding LMPs and
PCMs. In general, a model’s capability in representing U.S. hydrological extremes is
positively correlated its parallel skill in simulating the LMPs accompanying these
extremes. However, discrepancies are found for the extreme precipitation patterns
occurring over regions where topographic precipitation influences and organized
convection are prominent, such as the western and midwestern United States, respectively.
The historical climate simulations of the CMIP5 models also have varying degrees of
effectiveness in simulating variability and trends in U.S. dryness, which result from their
diverging ability to represent regional circulation changes associated with global warming
and/or phase changes of the relevant natural modes of decadal-to-multidecadal variability.
The results in this part 1) demonstrate the connections among hydrological extremes in the
United States, LMPs, and PCMs, 2) highlight existing shortcomings in climate model
representations of spatial patterns, trends, and variability of regional hydrological
extremes, and 3) illustrate the importance of properly simulating the observed spectrum of
LMPs in order to effectively represent hydrological extremes.
The second part of this study examines the dynamics of summer hydroclimate over
northern mid-latitudes, especially those related to U.S. hydrological extremes. The NW–

xvii

SE dipole of U.S. summer hydrological extremes identified previously is found to be linked
to the third empirical orthogonal function (EOF-3) of atmospheric intraseasonal variability
during summer for the period 1950–2016. A nonmodal instability analysis of the boreal
summer climatological flow reveals that one of the optimal disturbances mimicking the
EOF-3 structure grows from a precursor disturbance over East Asia through the extraction
of kinetic energy from the background flow, attaining its maximum amplitude in around
nine days. A lag regression analysis suggests that anomalous latent heating associated with
cloud and precipitation formation over East Asia is responsible for generating the precursor
disturbance in that area. This result demonstrates the existence of an important connection
between the hydrological cycles of East Asia and North America that is intrinsic to the
boreal summer upper tropospheric flow. The two leading CMIP5 models show varying
degrees of capability in simulating the summer climatological flow, EOF-3 mode, and
optimal disturbances excited from the climatological flow. Subsequent analyses examine
the emergence of a dryer and warmer summer climate over northern mid-latitudes during
the past several decades. The changes in temperature and precipitation are tied to declining
mid-latitude synoptic variability in summer, especially over the North Pacific and North
Atlantic. Nonmodal instability analysis based on the boreal summer background flow for
two periods, 1979–1994 and 2000–2015, suggest that the observed declination in synoptic
variability is likely associated with a concomitant suppression of optimal disturbance
growth over northern mid-latitudes in the later period. The results in this part 1) suggest
the existence of an important dynamical connection between the hydrological cycles of
East Asia and North America, 2) highlight the importance of atmospheric nonmodal
instability in the excitation, growth, and dissipation of atmospheric disturbances that

xviii

modulate summer hydroclimate in northern mid-latitudes, and 3) demonstrate the
significance of scale-interaction processes in inter-connecting local hydrological extremes,
large-scale atmospheric disturbances, and summer background flow.
This dissertation examines the dynamics, variability, and model representations of
U.S. hydrological extremes and scale-interaction processes in driving seasonally-stratified
hydrological extremes over the United States. This study advances our understanding of
the variability and changes in hydrological extremes during the past several decades,
provides a general assessment of the performance of global climate models in simulating
these extremes, and offers new insights into identifying the dynamical origins of potential
model biases in representing U.S. hydrological extremes. The ultimate benefit of this study
is to contribute to improved accuracy of subseasonal–seasonal prediction of hydrological
extremes and projected changes of hydrological extremes in the near future. The results
will aid in minimizing reduce death tolls, property damage, and financial losses resulting
from these extremes.

xix

CHAPTER 1.
1.1

INTRODUCTION

Overview of U.S. hydrological extremes
Hydrological extremes, including both precipitation extremes and droughts, have

profound impacts on human life, health, and socioeconomic well-being (e.g., Easterling et
al. 2000). Precipitation extremes are often associated with mesoscale convective systems
(MCSs) and tropical/extratropical cyclones while droughts are linked to large-scale
atmospheric waves, jet streams, and subtropical high-pressure systems (Rauber et al. 2005).
Precipitation extremes are closely tied to hazards such as floods and mudslides, often
leading to significant death tolls and major financial losses over regions in the Northern
Hemisphere (NH) such as Europe (e.g., Zolina et al. 2004), monsoonal East, Southeast,
and South Asia (e.g., Wang and LinHo 2002; Zhao and Yang 2014; Zhao et al. 2015), and
North America (e.g., Changnon and Hewings 2001; Kunkel et al. 2013). Drought is also
one of the costliest natural hazards and often leads to water supply deficiency, decreased
crop yields, rising food prices, and increased wildfires (Witt 1997).
In the continental United States, flood (caused by extreme precipitation events) and
drought are among the top three weather-related causes of death and property damage. For
example, the 1993 flood in the central United States is among the most severe hydroclimatic
events in recent decades, costing over 15 billion U.S. dollars (Weaver et al. 2009). The 1930s

drought, also known as “Dust Bowl”, affected almost two thirds of the United States and
is infamous for the numerous dust storms occurring in the southern Great Plains (Schubert
et al. 2004a; Seager et al. 2008). During the summers of 1988 and 2012, the Midwest and
Great Plains suffered severe dry conditions, which led to extensive financial losses
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(Trenberth et al. 1988; Hoerling et al. 2014). During 2012–2014, California experienced
record-breaking droughts, leading to large amount of agricultural and ecological losses
(Williams et al. 2015).
U.S. extreme precipitation events often occur over the southeastern (e.g., Wang et
al. 2010), central (the Great Plains and Midwest) (e.g., Higgins et al. 1997), and
southwestern United States (e.g. Adams and Comrie 1997) during warm seasons, while
those events (rainfall and snowfall) are usually seen in the Pacific West (e.g., Myoung and
Deng 2009; Jiang et al. 2014) and central United States (e.g., Martin et al. 1995) during
cool seasons. Numerous studies have suggested increasing probabilities in the occurrence
frequency of extreme precipitation events over the United States in the context of ongoing
global climate change (e.g., Groisman et al. 1999, 2005; Kunkel et al. 2003, 2010, 2013).
For example, during the period 1910–95, precipitation has increased by about 10% across
the United States, most likely due to the growing number of heavy and extreme
precipitation events (Karl and Knight 1998). In fact, changes in precipitation vary strongly
across geographical locations (e.g., Donat et al. 2016). For annual conditions of the period
1979–2013, the trend in the occurrence of heavy daily precipitation events across the
northern United States generally increases while that across the southern part of the country
decreases (Hoerling et al. 2016).
U.S. droughts usually appear in the western (e.g., Weiss et al. 2009) and central
United States (e.g., Hoerling et al. 2014) in warm seasons and the western United States
(e.g., Seager et al. 2015) in cool seasons. The variability and trend in droughts associated
with global climate change have been substantially investigated. For the long-term drought,
the Palmer Drought Severity Index (PDSI) is the most widely used drought index. Dai
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(2013) observed an increasing trend of global mean aridity measured in self-calibrated
PDSI from 1923 to 2010 and argued that severe drought condition may continue in the
future due to either decreased precipitation and/or increased evaporation. Peterson et al.
(2013) considered the area of the United States experiencing moderate to extreme drought
(i.e., PDSI ≤ -2.0) during 1900–2012. Results showed that although the drought conditions
over the United States were most severe during 1930s and 1950s, there has been an
increasing trend in drought conditions since 1970. For the shorter-term drought, dry spells,
which are often defined as consecutive days with no measurable precipitation, have also
been examined. For example, it was found that approximately 25% of stations (out of a
total of 70) in the south–central United States had shorter dry spells between 1950 and
2013 (Trepanier et al. 2015).
Numerous studies have examined the relationship between U.S. hydrological
extremes and large-scale circulations. In boreal warm seasons, the Great Plains low level
jet (LLJ) and its associated moisture transport play an important role in the diurnal cycle
and spatial distribution of precipitation over the central United States (Higgins et al. 1997).
Heavy precipitation episodes over the southwestern United States during summer are often
embedded within the large-scale flow of the North American summer monsoon (Adams
and Comrie 1997). Summer droughts over the Midwest could be driven by high pressure
anomaly over Canada, which may transport dry air from the northern Canada southward
and suppress the moisture influx associated with LLJ emanating from the Gulf of Mexico
(Sud et al. 2003). Drought conditions over the northeastern United States during spring and
summer tend to be modulated by cyclones that track further east than normal and lead to
anomalous northerly winds (Namias 1966). The low-frequency variability of droughts in
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the southeastern United States is often associated with the strength and position of the
North Atlantic subtropical high (NASH) during summer (Ortegren et al. 2011).
In cool seasons, extreme precipitation events over the western United States are
often driven by landfalling and bypassing coastal cyclones with origins extending back to
the North Pacific storm track (e.g., Chang et al. 2002; Myoung and Deng 2009; Deng and
Jiang 2011; Jiang and Deng 2011; Jiang et al. 2014). A convective rain band over the
central United States can develop within an evolving winter cyclone which is modified by
topography (Martin et al. 1995). Such interaction may result in the presence of drylines,
lee troughs, and LLJs. Over the northeastern United States, rain and snow are closely tied
to mid-latitude cyclones occurring along the east coast of the mainland and the northern
boundary of the Gulf Stream (Bradbury et al. 2003). Droughts in California during cool
seasons could be linked to a ridge over the west coast of the United States, which may
suppress the local precipitation (Seager et al. 2015).
1.2

Dynamics and variability of U.S. hydrological extremes
Previous studies have substantially examined dynamical factors responsible for

U.S. hydrological extremes. These extremes can be either locally excited or remotely
driven. For locally excited extreme events, soil moisture is regarded as an important factor
driving these extremes (Namias 1991; Hong and Kalnay 2002; Myoung and NielsenGammon 2010a, b; Su and Dickinson 2017). For example, strong correlation is found
among precipitation, soil moisture, and convective inhibition (the amount of energy that
will prevent an air parcel from rising from the surface to the level of free convection)
(Myoung and Nielsen-Gammon 2010a). Such correlation includes both impacts of
precipitation on soil moisture and feedbacks of soil moisture on precipitation through
4

convective inhibition. For remotely driven extremes, large-scale meteorological pattern
(LMP) plays a very important role in producing these extremes. The LMP typically has
spatial scales greater than mesoscale (10–100 km) but smaller than planetary scale (104
km)

and

includes

atmospheric

blocking

events,

cutoff-low

systems,

and

cyclones/anticyclones (Holton and Hakim 2012). Here the LMP can act as a “bridge”
linking regional hydrological extremes and planetary-scale climate modes (PCMs) such as
climatic teleconnection patterns [e.g., El Niño Southern Oscillation (ENSO)]. For example,
a positive sea surface temperature (SST) anomaly over the central/eastern tropical Pacific
(e.g., due to the El Niño) may lead to changes in the characteristics of extratropical Rossby
wave propagation (Chen 2002; Yang et al. 2002; Seager et al. 2010a). As we know,
atmospheric waves are associated with consecutive high- and low-pressure anomaly. For
example, the high-pressure system could be related to clear sky and may lead to subsidence
of air mass and dry and warm surface conditions. Thus, these changes in wave properties
are ultimately responsible for modifying regional water and energy budgets that are directly
linked to the occurrence of hydrological extremes.
1.2.1

Influence of large-scale atmospheric disturbances
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Figure 1.1 DJF mean anomalies of the NH extratropical geopotential at 500 hPa (contours,
interval 80 m2s-2, poleward of 15°N), regressed on the atmospheric pattern indices. The
positive and negative geopotential anomalies, significantly correlated with the pattern
index at the 5% level, are red- and cyan-shaded, respectively. Negative anomalies are also
cross-hatched. Reproduced from Yu et al. (2019).
The atmospheric PCM is one factor that may lead to changes in the LMP and thus
local hydrological extremes. Figure 1.1 shows the regression (positive phase) of winter
mean geopotential anomalies at 500 hPa onto multiple indices of circulation patterns, such
as the Arctic Oscillation (AO), Pacific–North American (PNA), North Atlantic Oscillation
(NAO), and West Pacific (WP) (Yu et al. 2019). The atmospheric teleconnection pattern
usually reflects large-scale changes in atmospheric waves and jet stream patterns, and
thereby strongly influences U.S. hydroclimate systems. The westerly jet over northern midlatitudes can act as a waveguide and produce zonally oriented chains of perturbations, those
of which near the jet core will be refracted towards the core (e.g., Branstator 2002). Hoskins
and Ambrizzi (1993) defined the location of local maximum stationary wavenumber 𝐾𝑠 as
a Rossby waveguide and found that the waveguide with a typical stationary wavenumber
7 (5) occurs along with the Asian (North Atlantic) jet.
In boreal cool seasons, dry conditions over the western United States have been
linked to variability in the AO (McAfee and Russell 2008). The negative phase of the AO
and PNA plays significant roles in modulating extratropical cyclone activity and
hydroclimate over the western United States (Guan et al. 2012, 2013). A negative NAO
phase may cause positive snow anomalies across the eastern United States (Seager et al.
2010b). The WP, also known as the Western Pacific, which is characterized by a largescale meridional dipole in geopotential height over the North Pacific and is related to the
Asian–Pacific jet and Pacific storm track, shows strong impacts on winter precipitation
over the Pacific Northwest and south–central Great Plains (Horel and Wallace 1981; Linkin
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and Nigam 2008). In warm seasons, atmospheric teleconnection patterns such as the AO,
NAO, and PNA are quite weak, while a circum-global teleconnection (CGT) pattern with
a zonal wavenumber-5 structure is relatively strong and provides the major source of
climate variability and predictability in northern mid-latitudes (e.g., Ding and Wang 2005;
Wang et al. 2012; Teng et al. 2013). In terms of the impact of the CGT pattern on regional
climate over the Pacific–North American sector, Figure 1.2 shows that an enhanced Indian
summer monsoon (ISM) initially generates a west–central Asian high, which subsequently
excites a Rossby wave train extending downstream to the North Pacific and North America
along the extratropical waveguide (Ding and Wang 2005).

Figure 1.2 Schematic diagram illustrating the mechanism of the CGT consisting of the first
scenario during the positive phase of CGT index. The cloud denotes the strong ISM and
the circles represent the CGT in the upper level. Reproduced from Ding and Wang (2005).
In addition to low-frequency atmospheric PCMs (teleconnection patterns), highfrequency extratropical disturbances have also been substantially investigated, especially
for cool seasons. For example, earlier studies have applied atmospheric instability theory
to study the dynamics of LMPs that are linked to mid-latitude climate systems. Simmons
et al. (1983) were the first to show that low-frequency oscillations (e.g., the PNA pattern)
during boreal winter are related to the most rapidly growing normal mode (i.e., an
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exponentially intensifying pattern) of observed climatological mean flows. They also
found that the fastest growing mode occurs in the Pacific jet exit, where the deformation
term [ (𝜐 ′ 2 − 𝑢′ 2 )𝜕𝑢̅/𝜕𝑥 ] provides the largest barotropic energy conversion. Hall and
Sardeshmukh (1998) found that the observed mid-latitude baroclinic wave train during
winter resembles one of the fastest growing normal mode of winter time-mean flow. In
addition, in the context of the observed winter circulation of 1982–83, four most unstable
normal modes with e-folding timescales shorter than eight days are similar to either the
Pacific or Atlantic storm track of that winter (Lee and Mak 1995).
In warm seasons, the application of the atmospheric instability theory to study the
mid-latitude climate system is very limited. Most of studies are based on observational
diagnoses and/or an “initial value” approach by running an atmospheric general circulation
model (AGCM). Over the Pacific–North American sector, Schubert et al. (2011) showed
that the fourth rotated empirical orthogonal function (EOF) of the 250-hPa monthly mean
meridional wind exhibits a Rossby wave-like structure and played a major role in the
development of two extreme hydrological events over the United States during summer:
the 1988 drought and 1993 flood. Their results of diagnosis from a stationary wave model
demonstrated that transient vorticity fluxes are the dominant forcing of the Rossby wave,
consistent with the findings in Mo et al. (1995) and Liu et al. (1998). Li et al. (2014)
investigated the influences of the Pacific–Japan (PJ) teleconnection pattern, which is
characterized by an extratropical wave train on synoptic scales over the western Pacific. It
is found that the positive (negative) PJ phase strengthens (weakens) the synoptic variability
over the western North Pacific. Recently, Zhu and Li (2016) suggested that a northwest–
southeast (NW–SE) oriented dipole structure of rainfall pattern on interannual timescales
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over the United States is triggered by heating over the subtropical East Asia via an upperlevel Rossby wave train during summer. The timescale of the initial disturbances traveling
from East Asia to North America is around one month.
1.2.2

Influence of SST variability
Indices representing PCM of SST variability have been applied to analyze and

forecast U.S. hydrological extremes. The Pacific Decadal Oscillation (PDO) index, defined
as the leading principal component (PC) of an EOF of the monthly SST anomaly field in
the North Pacific, is closely related to the U.S. drought. For example, McCabe et al. (2004)
performed a rotated principal component analysis (PCA) of the 20-year moving-averaged
frequency of U.S. drought during the period 1900–1999. The first component identified is
highly correlated to the PDO. Englehart and Douglas (2003) suggested that warm season
drought episodes in the central United States are partly tied to fluctuations in the PDO.
Another multi-decadal mode of Pacific SST variability is Inter-decadal Pacific Oscillation
(IPO), the North Pacific component of which is referred as the PDO. Dai (2013) showed
that dry (wet) periods over the western and central United States are linked to the cold
(warm) phase of the IPO. Low-frequency hydrological variability over the United States
could also be tied to the North Atlantic SST variability such as the Atlantic Multi-decadal
Oscillation (AMO) (e.g., Hidalgo 2004; McCabe et al. 2004; Chylek et al. 2014).
On shorter, interannual timescales Pacific SST modes such as the ENSO and the
combined impacts of ENSO and PDO on the U.S. hydroclimate are also widely studied.
Previous studies have shown that during La Niña years the drought conditions over the
United States may be intensified, such as those droughts during 1930s and 1950s in the
Great Plains and recent severe droughts in the western United States (Schubert et al.,
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2004b; Zhang and Mann, 2005; Cook et al., 2007; Seager et al., 2015). A maximum
covariance analysis (MCA) of the global SST paired with U.S. precipitation showed that
the first MCA mode of the U.S. precipitation is linked to the SST structure with a panPacific ENSO-like pattern (i.e., opposite signs of the SST in the tropical and north central
Pacific) (Kam et al. 2014). Such a pan-Pacific ENSO-like pattern has also been captured
by the rotated or unrotated EOF analysis (with varying mode sequences) in other studies
(e.g., Barlow et al. 2001; Schubert et al. 2004b; Schubert et al. 2009). In terms of the
combined impacts of the ENSO and PDO, when ENSO and PDO are in phase (i.e., El Niño
and warm PDO or La Niña and cold PDO), precipitation anomalies in the Great Plains are
intensified, while these anomalies are weakened when ENSO and PDO are out of phase
(Hu and Huang 2009).
1.3

Model representations of U.S. hydrological extremes
Global climate models have been massively applied to simulate precipitation

distributions over the United States. For example, fourteen models from the Coupled
Model Intercomparison Project’s fifth phase (CMIP5) were evaluated for their capability
in simulating the cool season precipitation over the northeastern United States (Sheffield
et al. 2013a). The results showed that the north–south variation of precipitation is well
captured by the multi-model ensemble (MME) mean, with the Community Climate System
Model, version 4 (CCSM4, Gent et al. 2011) generally performing the best. The observed
positive trend (over the period 1930–2004) in annual mean eastern U.S. precipitation was
well simulated by the MME mean albeit with varying degrees of accuracy in its magnitude
(Sheffield et al. 2013b). When atmospheric carbon dioxide is doubled in a global climate
model, the daily precipitation intensity for at least one-year return period events in the
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United States increases by 10 to 25%, while for a fixed precipitation intensity, the
corresponding return period also becomes shorter (Hennessy et al. 1997). The performance
of the CCSM4 model in simulating the U.S. precipitation has also been specifically
evaluated in other studies. For example, this model can well represent 1) the atmospheric
circulation patterns and associated precipitation of the North American summer monsoon
and 2) the duration and intensity of the precipitation over the western United States. (Cook
et al. 2012; DeFlorio et al. 2013).
Changes in droughts over the United States have also been investigated by global
climate models. For example, the net surface water gain (precipitation minus
evapotranspiration) decreases during spring over the south–central United States in
projections of future climate (2073–99) versus historical simulations (1979–2005) of the
CMIP5 models (Wuebbles et al. 2014). Strzepek et al. (2010) projected an increasing
frequency of meteorological droughts in regions such as the southwestern United States,
with decreasing frequency in other regions in three scenarios of the Special Report on
Emissions Scenarios (SRES). Sheffield et al. (2013b) illustrated that during dry summers
over the southern Great Plains both precipitation deficits and an associated anticyclonic
moisture flux anomaly pattern are well represented by the CCSM4 despite an overall bias
in the simulated moisture source. The fidelity of representing drought trends and variability
in global climate models is crucial for assessing a wide range of detrimental drought
impacts such as decreased crop yields, increased wildfires, water supply deficiency, and
rising food prices (Witt 1997).
Compared to CMIP3 models, the improvement in the model resolution, model
physics, aerosol forcing leads to the better performance of CMIP5 models (Polade et al.
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2013). Most modeling centers either replaced the existing physical parameterization
schemes with more sophisticated parameterizations or significantly improved the existing
parameterizations. The CMIP5 generation of global climate models have showed
significant improvements in simulating structures and teleconnections of key climate
modes associated with North American hydroclimate systems compared to the oldergeneration CMIP3 (Polade et al. 2013). For example, Sheffield et al. (2013b) analyzed the
MME of CMIP5 historical simulations and found that the amplitude and spatial pattern of
the ENSO and PDO are generally captured albeit with varying skills in representing their
teleconnections with North American climate systems. Smith et al. (2015) showed that the
majority of CMIP5 models could reasonably capture spatial patterns of ENSO and PDO
while the models possibly simulate a stronger (weaker) effect of ENSO (PDO) on the Great
Basin precipitation. Wuebbles et al. (2014) demonstrated that a subgroup of the CMIP5
models well simulates the summer precipitation variability over the southeastern United
States due to a proper representation of the link between the precipitation and NASH. The
impacts of the NAO, PNA, and PDO on the U.S. climate have also been investigated
through CMIP5 models (Westby et al. 2013).
Modeling studies have aimed to clarify the relative role of SST in the hydroclimate
variability over the United States. In an AGCM forced with observed SST, it was found
that the Great Plains experiences long-term drought conditions when the tropical Pacific
SST is relatively cold (Schubert et al. 2004a). By performing similar prescribed SST
experiments, Hoerling and Kumar (2003) argued that deficits in precipitation over the
United States during 1998–2002 are probably due to a response to a tropical SST forcing.
Such oceanic forcing of long-term drought conditions over the United States was also
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investigated in several other studies (e.g., Seager et al. 2005; Hoerling et al. 2009; Seager
et al. 2015). In addition to the role of the SST, modeling studies also evaluated the potential
roles of sea ice and Eurasian snow cover. For example, reduced Arctic sea ice extent may
influence wintertime extratropical storminess and NAO that are closely related to
hydroclimate systems over North America (Seierstad and Bader 2009). Eurasian snow
cover was found to be associated with atmospheric fields over North America and other
PCMs (e.g., ENSO) (Barnett et al. 1988).
1.4

Science questions and research objective
This dissertation aims to improve our understanding of the dynamics, variability,

and model representations of U.S. hydrological extremes during boreal warm season in
response to a general lack of knowledge of underlying mechanisms associated with the
U.S. hydroclimate during spring and summer versus cool season. Although recent studies
have made a prominent progress in understanding the relationship between LMPs/PCMs
and hydrological extremes and assessing models’ performance in simulating these
extremes during warm season, some issues are still unaddressed. Specifically, there are
limited studies focusing on scale-interaction processes that inter-connect local
hydrological extremes, atmospheric disturbances, and background "time-mean" flow
related to long-term climatology. It is believed that the background flow can trigger
spontaneous growth of atmospheric disturbances that are ultimately responsible for
modulating regional water and energy budgets and regulating the occurrence of individual
extreme hydrological event. In response, local cloud and precipitation formation could
release latent heat and trigger atmospheric disturbances that have energy interaction with
the background flow.
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Thus, this dissertation will dig out the large-scale organization and dynamic origin
of U.S. hydrological extremes during warm season and provide an efficient way for
understanding the dynamical pathway starting from local hydrological extremes that are
directly associated with human life, health and socioeconomic well-being to climatological
background flow. The following list highlights the research questions that will be explored
in this dissertation and steps that will be adopted to achieve the goals:
•

What are canonical (typical) patterns of precipitation extremes and droughts over
the United States during boreal warm seasons? How do these canonical patterns of
hydrological extremes connect with LMPs and PCMs? How do state-of-the-science
coupled climate models simulate U.S. hydrological extremes and the associated
LMPs/PCMs? A dynamical and statistical characterization of the observed U.S.
hydrological extremes and their associated LMPs and PCMs will be conducted to
systematically and objectively delineate and document the fundamental observed
patterns of U.S. hydrological extremes during warm season. Parallel analyses of
CMIP5 models’ historical climate simulations will be performed to evaluate
CMIP5 models’ skills in representing hydrological extremes and corresponding
LMPs and PCMs (Chapter 2).

•

Where is the dynamic origin of U.S. hydrological extremes? Are they locally forced
(e.g., related to local soil moisture) or remotely driven (e.g., non-local forcing form
both land and ocean)? How do the LMPs responsible for these extremes appear,
grow, and dissipate within a background time-mean flow? A nonmodal (optimal)
instability analysis applied to two idealized dynamic models will be conducted to
investigate the dynamic origin, precursor disturbance, and wave propagation of
14

atmospheric disturbances on multiple scales (from synoptic to intraseasonal scales)
accompanying with hydrological extremes (Chapter 3).
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CHAPTER 2. THE LARGE-SCAEL ORGANIZATION AND MODES
OF VARIABILITY OF U.S. HYDROLOGICAL EXTREMES
2.1

Motivation
Despite these previous efforts, it still lacks in the literature a fundamental

understanding of canonical patterns of precipitation extremes and droughts over the United
States during boreal warm seasons. In this chapter, we will systematically identify and
document distinct warm season extreme precipitation and drought patterns. The
classification of the extreme precipitation patterns is based upon the spatial coverage of
extreme daily precipitation rate over the United States. Meteorological drought is often
measured in terms of negative precipitation anomaly (e.g., the deviation from a long-term
daily climatology) or indices derived from meteorological or hydrological data [e.g., PDSI
and the Standardized Precipitation Index (SPI)] (Byun and Wilhite 1999; Keyantash and
Dracup 2002). However, a negative precipitation anomaly is not necessarily equivalent to
absolute “dry” conditions. Other studies have defined drought as times when the total daily
precipitation rate falls below a threshold value [e.g., 0.1 inches (2.54 mm) or 1 mm], which
potentially better characterizes the existence of the true “dry” conditions (Groisman and
Knight 2008; McCabe et al. 2010). Following a similar approach, this chapter aims to
systematically identify and document distinct warm season dryness exhibiting nearly zero
daily precipitation rates.
Another goal of this chapter is to assess impacts of the Pacific SST on the U.S.
dryness during warm season. Specifically, the leading coupling mode of concurrent Pacific
SST and continental U.S. dryness variability will be first isolated and then removed from
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the data to reveal secondary patterns of U.S. dryness variability that are otherwise obscured
by the leading Pacific SST forcing. These secondary patterns are very important as they
provide benchmarks for understanding U.S. dryness behavior during times of weak PDO
or ENSO variability.
We will also conduct parallel analyses of CMIP5 models’ historical climate
experiments to investigate how state-of-science coupled climate models simulate U.S.
hydrological extremes and the associated LMPs/PCMs during warm season. Specifically,
it still lacks in the literature a comprehensive understanding of model representation of the
canonical patterns of precipitation extremes and dryness over the United States during
boreal warm season. Moreover, the model skills in simulating the leading and secondary
modes of the U.S. dryness paired with the Pacific SST have not been thoroughly
investigated.
The rest of this chapter is organized as follows. Section 2.2 provides a description
of datasets and our analysis approaches. The large-scale organization of U.S. extreme
precipitation events and dry spells is discussed in Section 2.3. The relationship between
the U.S. dryness and Pacific SST are reported in Section 2.4. Concluding remarks are
provided in Section 2.5.
2.2
2.2.1

Data and methods
Data
The observed U.S. daily precipitation rate is from the National Oceanic and

Atmospheric Administration (NOAA) Climate Prediction Center (CPC) Unified GaugeBased Analysis of Daily Precipitation with a horizontal resolution of 0.25° in both
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longitude and latitude (Chen et al. 2008). The daily geopotential height, zonal and
meridional winds, and specific humidity are from the National Centers for Environmental
Prediction – National Center for Atmospheric Research (NCEP–NCAR) reanalysis, with a
resolution of 2.5°in both longitude and latitude (Kalnay et al. 1996). The monthly mean
SST data comes from the Hadley Centre Sea Ice and Sea Surface Temperature (HadISST),
with a resolution of 1.0°in both longitude and latitude (Rayner et al. 2003).
Historical (coupled) simulations from four CMIP5 models, the NCAR CCSM4, the
NOAA Geophysical Fluid Dynamics Laboratory Coupled Model, version 3 (GFDL–CM3;
Donner et al. 2011), the Max Planck Institute Earth System Model, middle resolution
(MPI–ESM–MR; Zanchettin et al. 2012), and EC–Earth Consortium (EC–EARTH;
Hazeleger et al. 2010) are analyzed and then contrasted with parallel observational
analyses. The external forcings of these historical simulations includes well-mixed
greenhouse gases, anthropogenic sulfate aerosol, volcanic aerosol, ozone, land-use change,
organic carbon, black carbon, etc. Due to differences in grid resolutions between
observations and model outputs, the data is transformed to a common grid prior to the
analyses. The studying period of this chapter is 1950–2005.
2.2.2

Definition of extreme precipitation events and dryness
First, we define extreme precipitation events over the continental United States.

Anomalous precipitation days are first defined at each grid point in the following manner:
if the daily precipitation anomaly (deviation from the long-term daily climatology) at the
grid point exceeds +2.0 σ (sigma, the standard deviation in daily-mean precipitation for the
calendar day), we classify that day as an anomalous precipitation day. This classification
is performed for all days (1950–2005) and each grid point over the continental United
18

States. To identify extreme precipitation events having substantial regional impacts, we
additionally require that for any single day the number of grid points exceeding the
precipitation anomaly threshold must exceed 5% of the total number of grid points in the
continental United States. Such days are classified as extreme precipitation events. The
U.S. gridded normalized precipitation anomaly for the days marked as extreme
precipitation events serve as the input for a clustering analysis (described later) to identify
distinct extreme precipitation patterns.
Next, we define dry spells over the central and eastern United States. For the
observation, dry days are defined at each grid point in the following manner: a day is
considered to be dry if the daily precipitation at the grid point falls below 0.01 mm. In order
to reduce the impact of potential systematic errors in model-simulated precipitation rates
(e.g., Sheffield et al. 2013a), dry days in the model simulations are defined using a method
similar to “quantile to quantile mapping” (Maraun 2013; Cannon et al. 2015). Here we
define the simulated dry spell over the central and eastern United States. Specifically, in
step 1, for each grid point over the central and eastern United States we assess the observed
daily precipitation rate percentile (among all days in the warm season) corresponding to a
rate of 0.01 mm/day. In step 2, the same percentile measure is applied to identify a suitable
threshold value at each grid point in a model. Dry days are then identified at each grid point
over the central and eastern United States during each warm season day for the period
1950–2005. If the number of consecutive dry days at an individual grid point is greater
than or equal to 10, we define each day falling within this period as a dry spell day for the
grid point. To focus on dry spells having substantial regional impact, we further require
that on any individual day the total number of dry spell grid points must exceed 5% of the
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total number of grid points within the domain considered. The gridded daily precipitation
rates for all days marked as dry spells then serve as the input into a clustering analysis
(described later) that is used to categorize dry spell types in terms of distinct spatial
patterns.
Finally, we examine seasonal total number of dry days over the United States
during spring and summer, respectively. For observations, a dry day at each grid point is
detected when the daily precipitation rate is below 0.01 mm/day (qualitatively similar
results are found in varying the detection threshold within the range of 0 to 0.1 mm/day).
To minimize the impact of potential systematic errors in the model-simulated precipitation
rate, we also adopt the approach analogous to “quantile to quantile mapping” and obtain
adjusted threshold values for each grid point in each model. If the daily precipitation rate
in a model falls below the adjusted threshold value at that grid point on a given day, we
classify that day as a dry day in the model. This classification is performed for all days of
the study period (1950–2005) over all grid points in the continental United States. The
seasonal total number of dry days at each grid point is computed for spring and summer of
each year and used as a local measure of general seasonal dryness.
To test the robustness of the extreme precipitation events and dryness, we conduct
sensitivity experiments by perturbing either 1) the duration of the warm season (March–
August versus April–July), 2) the threshold criterion defining an anomalous precipitation
day or dry day, 3) the minimum areal coverage required for an extreme precipitation event
or dry spell, 4) the number of consecutive dry days of a dry spell for individual grid point,
or 5) the analysis domain of the study. The results from these sensitivity experiments are
all qualitatively similar to those presented in this chapter.
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2.2.3

Hierarchical clustering analysis
Hierarchical clustering is used to identify distinct extreme precipitation and dry

spell patterns. Specifically, we employ Ward’s minimum variance clustering criterion
(Ward 1963; Kalkstein et al. 1987; Park et al. 2014) for the hierarchical clustering analysis.
We begin by defining a set of “objects”, where each object is the 2-dimensional gridded
field of precipitation on a day considered as extreme precipitation event or dry spell. We
can essentially think of an object as a vector 𝑃⃗ consisting of 𝑁𝑑 elements with each element
being the normalized precipitation anomaly for each grid point considered (and 𝑁𝑑 is the
total number of grid points in our analysis domain, a constant throughout the analysis). A
“cluster” is subsequently defined as an ensemble of similar objects. In the beginning of the
cluster analysis, each cluster only contains one object. We apply Ward’s method to
compute the distance between two clusters (e.g., clusters p and q). Ward’s distance between
clusters p and q is the difference between the sum of the two clusters’ error sum of squares
(ESS), and the ESS for the newly formed cluster pq. ESS for an individual cluster is defined
as:
𝑘

2

⃗⃗⃗𝑛 − 𝑃⃗|
𝐸𝑆𝑆 = ∑ |𝑃

(2 − 1)

𝑛=1

In Eq. (2–1), k is the total number of objects (vectors) in a cluster and 𝑃⃗ is the “center” or
“mean” of the cluster. Ward’s distance may be expressed as:
𝑑𝑝,𝑞 = 𝐸𝑆𝑆𝑝𝑞 − 𝐸𝑆𝑆𝑝 − 𝐸𝑆𝑆𝑞 ,

(2 − 2)

and it is calculated for each pair of clusters. The first cluster merger occurs for the two
clusters having the smallest Ward’s distance. After this initial merging, the total number of
clusters decreases by one.
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The same procedure (i.e., computing Ward’s distance, finding the smallest distance,
and merging) is then sequentially repeated for each new group of clusters. As the process
of merging continues, there will be one step where a significant “jump” in the smallest
Ward’s distance occurs, which means that the two clusters merged at this step have the
most distinct structure or are the least “similar”, and therefore they should not be merged.
The clustering analysis is then terminated immediately after the previous step and the
number of clusters obtained after the previous step is considered to be the final number of
the clusters identified.
2.3

Canonical patterns of U.S. hydrological extremes and the associated large-scale
meteorological patterns

2.3.1

Extreme precipitation patterns in warm season
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Figure 2.1 (a1–a6) Composite daily precipitation anomalies (unit: mm/day) for the six
warm season extreme precipitation clusters identified in the observation during the period
1950–2005. (b1–b6) The counterpart results obtained from the CCSM4 historical climate
simulation. Only values significant at the 0.01 level are plotted. The number shown at the
upper right of the figure is the occurrence frequency.
When applied to observed warm season extreme precipitation events, the
hierarchical clustering results in six distinct extreme precipitation patterns for the
continental United States. Figure 2.1a shows the cluster mean daily precipitation anomaly
over the continental United States during warm season in the observation [only anomalies
that are statistically significant at the 0.01 level (according to Student’s t test) are plotted].
The first precipitation cluster is located over the upper Midwest and has the highest
occurrence frequency (1039 days) among the six clusters. Cluster 2 and 6 (Figures 2.1a2
and 2.1a6 respectively) are associated with anomaly patterns located over respectively
northwestern and southwestern United States, which are both weaker in magnitude than
the other four clusters. Cluster 5 is characterized by the largest precipitation anomalies (>9
mm/day) that extend northeastward from Louisiana, Missouri, and Alabama and cover
virtually all the southeast of the Great Lakes (Figure 2.1a5). The remaining two clusters
capture warm season extreme precipitation patterns occurring over the southern Great
Plains (Cluster 3, Figure 2.1a3) and the central/lower Midwest (Cluster 4, Figure 2.1a4),
as found in Higgins et al. (1997). The precipitation anomalies in both of these two clusters
exceed 7 mm/day. The precipitation event duration is as important as the maximum
precipitation rate (e.g., Brommer et al. 2007; Brommer 2012). During the warm season,
one-day duration events (events that last 1 day) account for 60-80% of the total number of
events for each cluster. This number drops rapidly to around 20% for two-day duration
events. The dominance of short-duration events (i.e., 1–2 days) is consistent with the
convective nature of precipitation during the warm season. The precipitation events of
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Cluster 2 and Cluster 4 have the longest (1.54 days) and shortest mean duration (1.22 days),
respectively.
Figure 2.1b shows the extreme precipitation patterns derived from the CCSM4
historical climate simulations. The occurrence frequency is well simulated for Clusters 1,
4, 5, and 6, while that of Cluster 2 (Cluster 3) is considerably underestimated
(overestimated) by the model. In terms of the spatial pattern, the CCSM4 generally well
simulates the six observed extreme precipitation patterns. This validates the model’s
capability of capturing major patterns of warm season extreme precipitation over the
United States. The spatial correlation coefficient between the observed and simulated
composite precipitation anomaly pattern (in a domain of 20°N–50°N, 60°W–130°W) for
each cluster (i.e., Figure 2.1a versus Figure 2.1b) is also calculated. Cluster 2 and 4
(extreme precipitation over the Pacific Northwest and the central/lower Midwest) have the
highest (0.95) and lowest (0.79) correlation coefficient, respectively. This difference is
clearly reflected in the spatial patterns of the extreme precipitation events simulated by the
model. For example, in Figure 2.1b2, the maximum precipitation anomaly associated with
the model Cluster 2 is located over the Pacific Northwest, consistent with the
corresponding maxima in observations (Figure 2.1a2). However, the model Cluster 4 has
precipitation anomalies extending to the upper Midwest instead of southward as for
observations (Figure 2.1b4 versus Figure 2.1a4). In terms of duration of extreme
precipitation events, the CCSM4 clusters are also dominated by one- and two-day duration
events that account for 60–80% and 20%, respectively, of the total number of events across
the six clusters. This is in good agreement with observations despite the fact that the model
slightly overestimates (underestimates) one-day duration events for Cluster 2 (Cluster 3).
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For both Cluster 2 and 3, the biases in the number of one-day duration events are to certain
degree compensated for biases in the number of two-day duration events and this suggests
that the model has reasonable skills in simulating these short-duration events.

Figure 2.2 As in Figure 2.1, but for geopotential height anomalies (color shading, unit: m)
and wave-activity flux (W) (vectors, unit: m2 s−2 ) at 500 hPa.
Next, we assess composite circulation anomalies to identify canonical LMPs
associated with each U.S. extreme precipitation pattern during warm season. Figure 2.2
shows composite geopotential height anomalies and the associated horizontal waveactivity flux at 500 hPa for the six observed extreme precipitation clusters. According to
Takaya and Nakamura (2001), the horizontal component of the wave-activity flux vector
W may be expressed as follows
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(2 − 3)

where 𝛹 ′ stands for the perturbation streamfunction ( 𝛹𝑥′ = 𝑣 ′ , 𝛹𝑦′ = −𝑢′ ); U and V are the
daily climatological mean zonal and meridional winds, respectively, and |𝑈| is, in turn, the
magnitude of the winds (√(𝑈2 + 𝑉 2 )); 𝑝 = (pressure/1000 ℎ𝑃𝑎). In addition, we display
composite anomalies in the 700 hPa moisture flux (uq, vq; q is the specific humidity and
anomalies defined as total flux minus the daily climatological flux), to illustrate the source
region of moisture for each extreme precipitation pattern and its connection to the
corresponding LMP in Figure 2.3 (Mo 2000; Berbery 2001).

Figure 2.3 As in Figure 2.1, but for moisture flux anomalies (uq, vq) (unit curly vector:
1 × 10−4 kg kg−1 ms−1) at 700 hPa.
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Figure 2.2a1 shows that, for Cluster 1, a Rossby wave train originating from the
eastern North Pacific is responsible for the enhanced precipitation occurring over the upper
Midwest, consistent with the close relationship between Rossby wave packets and regional
precipitation (e.g., Feldstein and Dayan 2008; Holman et al. 2014). The marked negative
height anomaly feature over the western United States and positive height anomaly feature
further east are accompanied, respectively, by lower tropospheric cyclonic and anticyclonic
circulations leading to a strong horizontal convergence of moisture over the upper Midwest
(Figure 2.3a1). The geopotential height anomaly patterns for Cluster 2 (Figure 2.2a2) and
6 (Figure 2.2a6) appear more local in origin with only weak remote forcing evident. Similar
to Cluster 1, Cluster 5 is also characterized by a zonal wave train (Figure 2.2a5). The
strongly enhanced moisture convergence over the southeast coast of the United States
(Figure 2.3a5), is the result of moisture transport from both the Gulf of Mexico and North
Atlantic (Mo et al. 1997). Rossby wave propagation from the North Pacific seems to play
an important role in forcing the extreme precipitation events in Clusters 3 and 4 (Figures
2.2a3 and 2.2a4). The difference between the two clusters is that the wave activity
originates from a higher latitude and propagates southeastward in Cluster 3 while the wave
pattern in Cluster 4 originates from near the U.S. west coast, exhibits stronger downstream
development, and follows a more zonal path. These results illustrate the critical role of
LMPs and their associated moisture flux anomalies in the formation of regional
precipitation extremes.
Figure 2.2b presents the corresponding LMPs obtained from the CCSM4 clusters.
The spatial correlation coefficient between the observed and simulated LMPs (in a domain
of 20°N–70°N, 35°W–165°W; Figure 2.2b versus Figure 2.2a) is computed for each cluster.
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Clusters 1, 4 and 5 have relatively high correlation coefficients (above 0.90) while Clusters
2, 3 and 6 have lower correlations (between 0.81 and 0.83). For those clusters with high
correlation coefficients, the model well represents both LMP spatial patterns (Figures 2.2b1,
2.2b4, and 2.2b5) and the corresponding moisture flux anomaly patterns (Figure 2.3b1,
2.3b4 and 2.3b5). For the remaining clusters with lower LMP correlation coefficients, the
model-simulated LMP and anomalous moisture fluxes are either spatially shifted (Cluster
2, Figures 2.2b2 and 2.3b2), completely distorted (Cluster 3, Figures 2.2b3 and 2.3b3), or
weak in magnitude (Cluster 6, Figures 2.2b6 and 2.3b6). Note that the wave-activity flux
is not well simulated by the model in most clusters (except for Cluster 4), indicating a less
satisfactory performance of the CCSM4 model in capturing the wave packet source/sink
region than of representing the relevant LMPs.
It is interesting to note that for Cluster 2 the extreme precipitation pattern is
simulated quite well (spatial correlation of 0.95) while the corresponding LMP is more
poorly simulated (spatial correlation of 0.83). A contrasting example is Cluster 4 where the
CCSM4 LMP representation is better than that of the corresponding extreme precipitation
pattern (0.93 versus 0.79). This disconnection between the model simulation of
precipitation and the corresponding LMP likely reflects the relative importance of model
resolution/physics in determining extreme precipitation events compared to large-scale
dynamics. For example, the heavy precipitation events captured by Cluster 2 are
significantly influenced by local terrain features in the Pacific Northwest while the model
representation of topographic precipitation is known to be highly resolution dependent (e.g.,
Sperber et al. 1994; Leung and Qian 2003; Rojas 2006). Given the regionally dominant
role of topography, it is quite possible for the model to have a less than perfect
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representation of the LMP while providing an accurate precipitation, as long as the model
has sufficiently high resolution to resolve the main topographic features in this region.
Cluster 4 is a contrasting example: due to the dominant convective nature of the warm
season precipitation over the central/lower Midwest (e.g., Hilgendorf and Johnson 1998;
Anderson and Arritt 2001) and the greater importance of model parameterized physics
(including convection, cloud microphysics, and boundary layer processes, e.g., Marshall et
al. 1997; Iorio et al. 2004), the CCSM4 provides a less satisfactory representation of the
actual magnitude/distribution of the extreme precipitation (e.g., those associated with
spring–summer MCSs) despite a good performance in simulating the relevant LMP.
2.3.2

Extreme precipitation patterns in cool season

Figure 2.4 As in Figure 2.1, but for the cool season.
In addition to precipitation extremes in warm seasons, we also examine those
extremes in cool seasons. Figure 2.4a shows the five observed extreme precipitation
29

patterns for cool season. Clusters 1 and 2 are both southwest–northeast oriented
precipitation anomaly patterns and are likely related to winter cyclones forming in the Gulf
of Mexico and along the coast of the Carolinas (e.g., Martin et al. 1995; Martin 1998),
consistent with the presence of pronounced short-wave troughs within the corresponding
LMP located to the west of the precipitation maxima (Figures 2.5a1 and 2.5a2). Cluster 3
exhibits a precipitation anomaly pattern that extends meridionally over the
Midwest/northern Great Plains (Figure 2.4a3). This cluster is likely related to cyclogenesis
east of the Rockies including the so-called “Alberta Clippers” (Rauber et al. 2005). Similar
to Clusters 1 and 2, Cluster 3 arises from Rossby wave propagation from the North Pacific
to the North Atlantic, but with a stronger wave flux development (Figure 2.5a3). Clusters
4 and 5 are clearly tied to coastal cyclones affecting the western United States (Figures
2.5a4 and 2.5a5). Cluster 5 corresponds to storms following the climatological storm track
where the Pacific Northwest receives most of the precipitation, while Cluster 4 indicates
an equatorward shifted storm track in which cyclones make landfall or bypass California
(e.g., during an El Niño winter) (Myoung and Deng 2009).
Figure 2.4b shows the corresponding extreme precipitation patterns for the CCSM4
during the cool season. The model better simulates the spatial patterns during the cool
season with the highest (0.98) and lowest (0.87) spatial correlation coefficients found for
Cluster 2 and 3, respectively. The spatial correlation coefficients between the observed and
simulated LMPs are near 0.90 for all five clusters, indicating the good skill of the CCSM4
in simulating the large-scale dynamical processes (i.e., LMPs) (Figure 2.5b). Cluster 2 is
best captured by the model in terms of both precipitation and corresponding LMP (Figure
2.5b2). The consistency between excellent representations of both the precipitation and
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accompanying LMP indicates that large-scale dynamics controls the formation of extreme
precipitation events over the southern/eastern United States during the cool season.

Figure 2.5 As in Figure 2.2, but for the cool season.
Similar to Cluster 4 for the warm season, the relatively poor simulation of the cool
season Cluster 3 precipitation is accompanied by a very good representation of the
corresponding LMP (Figure 2.5b3). This again suggests that physical processes (the
representation of which is problematic in global models) play a more important role in
determining the characteristics of precipitation extremes over the Midwest. Cluster 4, on
the other hand, has a relatively poor representation of the LMP but a very good
representation of the precipitation, consistent with increased importance of topographically
forced precipitation over the southwest mountainous region (see discussion of Cluster 2 for
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the warm season).

Figure 2.6 (a1–a3) Composite daily precipitation rate (unit: mm/day) for the three warm
season dry spells clusters identified in the observation during the period 1950–2005. (b1–
e3) The counterpart results obtained from four CMIP5 models’ historical climate
simulation. Only values significant at the 0.01 level are plotted.
2.3.3

Dry spell patterns in warm season
For the U.S. dryness, we first evaluate dry spells over the central and eastern United

States in warm season. The hierarchical clustering analysis applied to the warm season dry
spells results in three distinct structural types (clusters) for the central and eastern United
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States. The observed cluster mean daily precipitation rate is shown in Figure 2.6a (only at
the 0.01 level are plotted). The first dry spell pattern affects the southern Great Plains and
has the highest occurrence frequency (691 days out of a total of 1659 days) among all three
clusters. Cluster 2 corresponds to dry spell events over the Midwest which have the shortest
mean duration (7.6 days) compared to the other two clusters. Cluster 3 is characterized by
the longest mean duration (9.6 days) and lowest occurrence frequency (372 days) and
represents an elongated dry zone extending northeastward from the Gulf states and
covering most of the southeastern United States.
Figure 2.6b–e show the corresponding dry spell cluster patterns derived from four
parallel CMIP5 historical climate simulations. The total dry spell occurrence frequency is
well simulated by the GFDL–CM3 and MPI–ESM–MR, while dry spell frequency is
considerably underestimated in both the CCSM4 (777 versus 1659 days) and EC–EARTH
(1081 versus 1659 days). In general, these four models have reasonable skill in simulating
the mean duration day of each dry spell type. In terms of the spatial pattern, all four models
can represent the observed southern Great Plains dry spell pattern (Cluster 1). The Midwest
dry spell (Cluster 2) is well simulated by the GFDL–CM3, CCSM4, and MPI–ESM–MR
even though for the latter two models the pattern includes a weak amplitude extension into
the southern and eastern United States. The Cluster 2 spatial pattern in EC–EARTH is
substantially different from the observation (Figure 2.6e2). For southeastern dry spells
(Cluster 3), only the GFDL–CM3 captures this distinct pattern (Figure 2.6b3). The results
suggest that the GFDL–CM3 provides an overall better performance in capturing major
patterns of warm season dry spells over the central and eastern United States.
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Figure 2.7 As in Figure 2.6, but for streamfunction anomalies at 250 hPa (color shading,
unit: 1 × 106 m2 s −1) and SLP anomalies (contour, unit: Pa).
Figure 2.7a displays composite anomalies in 250 hPa streamfunction anomalies and
sea level pressure (SLP) for the three observed clusters. Cluster 1 is characterized by an
east–west series of three anticyclonic circulation anomalies located over the North Pacific,
continental United States, and North Atlantic, respectively. The high-pressure anomaly
feature over the central United States is responsible for a northward displacement of the jet
stream from its climatological position, which typically enables rain-producing synopticscale disturbances to propagate into the central United States in summer (Rauber et al.
2005). The presence of an anticyclone in the central United States also effectively blocks
the transport of moisture into the Great Plains from both the Pacific and Gulf of Mexico,
leading to the formation of dry spells. The LMP associated with Cluster 2 exhibits features
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of a stationary wave train originating from the central North Pacific and extending through
North America to the North Atlantic. One likely driver of this stationary wave train is the
appearance of steady heating anomalies associated with the northward shift of the
intertropical convergence zone (ITCZ) (Trenberth et al. 1988). Similar to Cluster 1, Cluster
3 is associated with a high-pressure center over the central–eastern United States that
reduces moisture transport from the Gulf of Mexico and Atlantic.

Figure 2.8 The trend slope (x-axis, unit: days/year) and interannual variability (y-axis, unit:
days) for the total and each of the three warm season dry spells clusters identified in the
observation and four CMIP5 models’ historical simulation. Only solid circles are
significant at the 0.05 level.
Figure 2.7b–e shows the corresponding dry-spell-related LMPs derived from the
four models. For the southern Great Plains dry spells, which are well represented by all the
models, the related LMPs are also generally well simulated by the models (Figures 2.7b1–
e1). The LMP for Midwest dry spells is well reproduced by the GFDL–CM3, CCSM4, and
MPI–ESM–MR, consistent with these three models’ good performance in representing the
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precipitation pattern of this dry spell type. Compared to the observed LMP, the relevant
wave train in EC–EARTH originates from higher latitudes with very weak amplitudes at
lower latitudes, leading to the unsatisfactory representation of dry spells over the Midwest
(Figure 2.7e2). Unique among the four models, the GFDL–CM3 very well simulates the
LMP corresponding to the southeastern U.S. dry spells albeit with considerably larger
magnitude than that found in the observation (Figure 2.7b3 versus Figure 2.7a3).
To quantify interannual variability and potential long-term changes in dry spells,
we next assess linear trends and interannual standard deviation in (using detrended data)
the annual number of dry spell days over the period 1950–2005 (Figure 2.8). For the total
(sum of all clusters) number of dry spell days, there is a significant downward trend (-0.65
days/year) in the observed events between 1950 and 2005, with Cluster 1 dry spells
providing the largest contribution to this trend. This indicates a long-term decrease in
drought conditions over the southern Great Plains. Parallel statistical analyses are
performed for the model simulations (for each dry spell cluster, only the models providing
a reasonable representation of a particular cluster are included in the calculation). It is
interesting to note that, consistent with the overall better representation of dry spell types
and associated LMPs, the GFDL–CM3 also qualitatively best captures the interannual
variability and long-term trend behavior of observed dry spells, albeit with relatively
weaker and less significant trend values. These discrepancies demonstrate the large
deficiencies that exist in the representation of the variability and trends in regional drought
conditions by modern climate models, presenting a major challenge for long-term planning
efforts aimed at mitigating potential detrimental effects of climate variability and change
on regional water supply.
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Note that the direct cause of model misrepresentations of “climatological” dry spell
patterns (i.e., dry spell clusters) is largely the misrepresentation of the relevant LMPs.
However, the misrepresentation of dry spell variability and trends in a model more likely
reflects the fact that regional circulation changes in association with global warming and/or
phase changes of natural decadal-to-multidecadal variability (e.g., the PDO and AMO) are
either not well captured or temporally-shifted by a model (Robinson et al. 2002; Wang et
al. 2009). Since the models’ historical simulations are fully coupled, very small differences
in initial conditions of coupled models may result in diverging simulations because of the
chaotic nature of the climate system (Newman et al. 2016). Hence, the coupled GCMs are
not able to represent the observed phase changes of natural decadal-to-multidecadal
variability (time series) in the absence of an externally forced signal and thus may lead to
bias in the trend and variability of dry spells.

Figure 2.9 (a–b) Singular vectors for the seasonal total number of the dry days and seasonal
mean SST corresponding to the first MCA mode in the observation in boreal spring. (c–f)
The counterpart results obtained from the CCSM4 and GFDL–CM3 historical climate
simulations. The number shown in the upper right corner of the figure is the spatial
correlation coefficient between simulated and observed results.
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2.4
2.4.1

The relationship between the U.S. dryness and Pacific SST
Major modes of interannual variability in dryness driven by the North Pacific SST
In addition to dry spells over the central and eastern United States, we expand our

analysis to the continental United States and investigate the relationship between the U.S.
warm season dryness and North Pacific SST. The MCA has been widely used to isolate
linear co-varying (coupled) patterns between two geophysical fields (e.g., Bretherton et al.
1992; Czaja and Frankignoul 2002; Gan and Wu 2013; Kam et al. 2014). In this study, we
apply the MCA to seasonal anomalies (deviations from the long-term climatology) in the
total number of dry days over the United States paired with the seasonal-mean SST
anomaly field over the North Pacific (20°N–70°N, 110°E–100°W). Figure 2.9 displays the
first MCA mode of interannual variability in the seasonal total number of dry days and
seasonal mean SST for spring. In observations, the first mode (which accounts for 87% of
the total squared covariance) shows that negative dryness anomalies (i.e., fewer dry days)
over the western United States (Figure 2.9a) tend to occur in association with a positive
PDO-like SST anomaly pattern in the North Pacific (Figure 2.9b). To examine the
relationship between this U.S. dryness-SST coupled mode and the PDO, we first compute
the PDO index following Mantua et al. (1997) and Sheffield et al. (2013b). The correlation
coefficient between the PDO index and the expansion coefficient (time series) for the first
SST MCA mode (two expansion coefficients are generated respectively for SST and U.S.
dryness for each mode by MCA) is 0.96. The correlation between the expansion coefficient
of the first SST MCA mode and that of the U.S. dryness is 0.74 (significant at the 0.01
level), confirming that more precipitation falls (reduced dryness) over the western United
States in boreal spring during a positive PDO phase, as discussed in McCabe et al. (2004)
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and Kam et al. (2014). In boreal summer, the first observed MCA mode (which accounts
for 70% of the total squared covariance) exhibits a similar teleconnection pattern as that in
spring (Figures 2.10a and 2.10b). But the connection between the dryness and PDO is less
strong compared to that in spring and this is also reflected by the lower correlation between
the first SST MCA mode and the PDO index (0.96 versus 0.86).

Figure 2.10 As in Figure 2.9, but for boreal summer.
There also exists a significant upward trend (significant at the 0.01 level according
to Student’s t test) in the expansion coefficient of the first observed MCA mode for both
dryness and SST in both spring and summer. This trend reflects the major transition from
the negative to positive PDO phase that occurred in the late 1970s, that is, in turn, linked
to an increase in wetness and precipitation over the continental United States, especially
over the west (e.g., Mills and Walsh 2013). In addition to the PDO, we also examine the
relationship between the first MCA mode and ENSO as many prior studies have reported
linkages among PDO, ENSO, and U.S. drought (e.g., Barlow et al. 2001; Hu and Huang
2009; Mills and Walsh 2013). The correlation coefficient between the expansion
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coefficient for the first SST MCA mode and Southern Oscillation Index (SOI) is -0.55
(significant at the 0.01 level) in spring, indicating a positive correlation between the first
MCA mode and El Niño. In addition to PDO and ENSO, we have also tested the correlation
between the first SST MCA mode and the AMO index, which is rather low (around 0.1).
Some previous studies have found notable correlations between the AMO and the U.S.
drought. But these studies either consider a very long period (e.g., 500 years in Hidalgo
2004) or apply a running average to the drought data (e.g., McCabe et al. 2004). The AMO
influences on U.S. dryness identified in this study are not as strong as impacts from the
PDO and ENSO, at least across interannual timescales. During boreal summer, the
correlation between the first MCA mode and SOI is lower than that in spring (-0.55 versus
-0.35). The AMO influences on the U.S. dryness during summer are also very weak.
Therefore, we conclude that the first MCA mode of variability in U.S. dryness is mainly
driven by PDO in spring and summer with supplementary contributions from ENSO
(especially during spring).
Linear regression analysis is applied to isolate the large-scale moisture transport
anomalies associated with the PDO-driven U.S. dryness variability during spring and
summer (the trend of expansion coefficient is removed before applying linear regression
analysis). The first mode of the observed U.S. dryness for spring is directly tied to
horizontal convergence of normalized vertically integrated moisture flux over the western
United States (Figure 2.11a). In summer, the negative dryness anomaly over the northern
United States is also accompanied by anomalous moisture covergence (Figure 2.11b).
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Figure 2.11 (a-b) Regression of the seasonal mean normalized vertically integrated
𝑝
moisture flux [(∫𝑝 𝑠 𝑽ℎ 𝑞 𝑑𝑝)/(𝑝𝑠 − 𝑝𝑡 )] (vector; 𝑘𝑔 𝑘𝑔−1 𝑚𝑠 −1) and associated horizontal
𝑡

divergence (shading; 𝑘𝑔 𝑘𝑔−1 𝑠−1 ) onto the detrended normalized expansion coefficient of
the seasonal total number of dry days corresponding to the first MCA mode in the
observation in boreal spring and summer. c-f are the counterpart results obtained from the
CCSM4 and GFDL–CM3 historical climate simulations. Only results significant at the 0.1
level are plotted. The number shown in the upper right corner of the figure is the spatial
correlation coefficient between simulated and observed horizontal divergence.
Figures 2.9c–f show the maximum covariance patterns of the U.S. dryness and
North Pacific SST derived from the CCSM4 and GFDL–CM3 in spring. The
teleconnection patterns in the two models generally resemble the patterns identified in the
observation despite a slightly different PDO-like SST pattern in the GFDL–CM3. The
teleconnection patterns are not as well captured by the models in summer versus spring (a
lower spatial correlation between models and observation in summer compared to spring).
For example, the negative dryness anomaly appearing over the northwestern United States
is well simulated, but that over the southern Great Plains is misrepresented in both models
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(Figures 2.10c and 2.10e). The two models tend to substantially distort the magnitude of
PDO-related SST anomalies in the northwestern North Pacific (Figures 2.10d and 2.10f).
In terms of circulation anomaly associated with the leading MCA mode, for spring, when
the leading mode is well captured by the models, the related anomalous moisture transport
and convergence are also well simulated (Figures 2.11c and 2.11e). However, there are
major model biases in moisture transport anomalies in summer (apparently lower spatial
correlation compared to spring; Figures 2.11d and 2.11f), consistent with the less
satisfactory represented SST-related dryness variability over the United States in summer.
These results suggest that a good (poor) representation of the PDO’s magnitude and
spatial structure in a global model typically translates into correspondingly accurate
(problematic) simulations of the major modes of interannual variability in U.S. dryness for
spring (summer). Moreover, the trend and periodicity of the first MCA mode in the two
models are different from observations. For both, no significant trend is found in the
simulated MCA expansion coefficients and the dominant period is around 5 years. The
reason for such a difference is that the two models’ historical simulations are fully coupled.
As suggested by Newman et al. (2016), very small differences in initial conditions of
coupled models may lead to diverging simulations because of the chaotic nature of the
climate system. Hence, the coupled GCMs are not able to represent the observed PDO time
series (e.g., the period greater than 30 years) in the absence of an externally forced signal.
Model climate drift is also a factor resulting in the difference between the model and
observation (e.g., Doblas-Reyes et al. 2011; Chikamoto et al. 2013; Gupta et al. 2013).
2.4.2

Beyond the PDO: Primary residual modes of variability in the dryness
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Understanding that the PDO plays a dominant role in modulating U.S. dryness
during spring and summer (with ENSO providing partial contributions), we go a step
further to examine the major modes of variability in U.S. dryness not influenced by the
first MCA mode. PDO-related fluctuations in U.S. dryness are first removed. Specifically,
to remove the dominant first coupled mode between SST and U.S. dryness (permitting the
isolation of secondary variability), the product of the singular vector and the corresponding
expansion coefficient of the first dryness mode is subtracted from the seasonal anomaly in
the total number of dry days. The “residual” (i.e., seasonal anomaly in total number of dry
days after eliminating the leading coupled mode) serves as an input for a subsequent
hierarchical clustering analysis (discussed in Section 2.2). Note that the circulation
anomaly associated with the leading MCA mode may still influence the residual U.S.
dryness, since nonlinear influences of PDO on the U.S. dryness likely exist. However, the
nonlinear response to the PDO in the U.S. dryness is likely to be secondary in magnitude
compared to the direct linear response.

43

Figure 2.12 (a–f) Composite seasonal total number anomaly of dry days for the two dryness
clusters identified in the observation and historical climate simulations of CCSM4 and
GFDL–CM3 during boreal spring. (g–l) are the counterpart results in boreal summer.
Contours are significant at the 0.1 level. The number shown in the parenthesis is the spatial
correlation coefficient between simulated and observed dryness. The number shown in the
upper right corner of the figure is the occurrence frequency.
The cluster-mean seasonal anomaly structure in the total number of dry days is
shown in Figure 2.12 (contours delineate statistically significance at the 0.1 level according
to a Student’s t test). In spring, the observed first dryness cluster (Cluster 1) exhibits a
meridional dipole structure with a positive anomaly over the northern United States
including the northwestern United States and northernmost Great Plains, and a negative
anomaly over the southwestern United States and southern Great Plains (Figure 2.12a).
Cluster 2 corresponds to the opposite phase of Cluster 1 (but with a larger magnitude) with
enhanced (reduced) dryness over the southern (northern) United States (Figure 2.12d). In
terms of cluster frequency, Cluster 1 occurred during 32 spring seasons while Cluster 2
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was observed during 24 springs. In addition, we project each year’s “residual” dryness
pattern onto the Cluster 1 pattern to obtain a spatial correlation coefficient (denoted as the
meridional dipole index). The temporal correlation coefficient between the meridional
dipole index and indices of PDO and SOI is very low, further confirming that virtually
almost no PDO/ENSO signal exists in the residual dryness. In boreal summer, the two
residual dryness clusters are characterized by an NW–SE oriented dryness anomaly dipole
with centers over the Pacific Northwest and the southeastern United States (Figures 2.12g
and 2.11j). The occurrence frequency of Cluster 1 is much greater than that of Cluster 2
(42 versus 13).

Figure 2.13 As in Figure 2.12, but for the seasonal mean streamfunction anomaly at 700
hPa (shading; m2 s −1). Contours are significant at the 0.1 level. The number shown in the
parenthesis is the spatial correlation coefficient between simulated and observed
streamfunction.
Figure 2.13 displays the composite anomalies in the seasonal mean lower (700 hPa)
tropospheric streamfunction. The atmospheric circulations anomaly field associated with
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observed dryness Cluster 1 is characterized by negative streamfunction anomalies over the
mid-latitude North Pacific and southwestern United States and positive anomalies over the
northwestern Pacific and northwestern United States (Figure 2.13a). The distribution of
streamfunction anomalies corresponding to Cluster 2 (Figure 2.13d) is opposite to that of
Cluster 1. The anomalous normalized vertically integrated moisture transport
𝑝

[(∫𝑝 𝑠 𝑽ℎ 𝑞 𝑑𝑝)/(𝑝𝑠 − 𝑝𝑡 )] and the associated horizontal divergence are consistent with the
𝑡

meridional dryness anomaly dipole with anomalous divergence (convergence) found over
regions of enhanced (reduced) dryness in spring (Figures 2.14a and 2.14d). To understand
the relative contributions of atmospheric humidity change and circulation change to the
moisture divergence/convergence anomalies, we additionally calculate anomalous
𝑝

𝑝

𝑡

𝑡

̅̅̅̅
̅̅̅̅
[(∫𝑝 𝑠 𝑽ℎ 𝑞̅ 𝑑𝑝)/(𝑝𝑠 − 𝑝𝑡 )] and [(∫𝑝 𝑠 𝑽
̅ and 𝑽
ℎ 𝑞 𝑑𝑝)/(𝑝𝑠 − 𝑝𝑡 )], where 𝑞
ℎ are the climatological

specific humidity and horizontal winds, respectively, for spring. The partitioned results
show that 𝑽ℎ 𝑞̅ anomaly provides the largest contribution to the total moisture transport
anomalies and the resulting anomalous moisture divergence (spatial patterns are very
similar to those of the total field and not shown), indicating that changes in the circulation
(dynamic factor) and not atmospheric humidity (thermodynamic factor) primarily drive the
observed regional anomalies in spring dryness.
Finally, the cluster mean SST anomalies for these two spring clusters are most
pronounced in the North Pacific with a tri-band pattern with centers over the Bering Sea,
northwestern Pacific, and tropical Pacific (Figures 2.15a and 2.15d), similar to the
characteristic SST anomaly pattern associated with the WP teleconnection pattern, which
is characterized by a large-scale meridional dipole in geopotential height over the North
Pacific and is related to the Asian–Pacific jet and Pacific storm track (e.g., Linkin and
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Nigam 2008). A regression of the seasonal total number of dry days onto the seasonal mean
WP index reveals a distribution of slope coefficients that is spatially quite similar to the
meridional dipole of dryness anomalies obtained through the clustering analysis (i.e.,
Figures 2.12a and 2.12d). A regression of the spring streamfunction and SST fields onto
the WP index recovers circulation anomalies (i.e., Figures 2.13a and 2.13d) and a tri-band
SST anomaly pattern that mimics those obtained from cluster-mean composites. Note that
the North Pacific SST anomalies are likely driven by atmospheric processes, i.e., changes
in near surface wind speeds and in surface latent and sensible heat fluxes (e.g., Cayan 1992;
Linkin and Nigam 2008).

𝑝

Figure 2.14 As in Figure 2.12, but for the seasonal mean anomalous [(∫𝑝𝑡𝑠 𝑽ℎ 𝑞 𝑑𝑝)/(𝑝𝑠 − 𝑝𝑡 )]
(vector; kg kg −1 ms −1) and its associated horizontal divergence (shading; kg kg −1 s −1). Only
results significant at the 0.1 level are plotted. The number shown in the parenthesis is the
spatial correlation coefficient between simulated and observed horizontal divergence.

47

Figure 2.15 As in Figure 2.12, but for the seasonal mean SST anomaly (shading; K).
Contours are significant at the 0.1 level. The number shown in the parenthesis is the spatial
correlation coefficient between simulated and observed horizontal SST.
For boreal summer, the observed NW–SE dipole in U.S. dryness is characterized
by a quasi-stationary wave train originating from the North Pacific and extending through
North America to the North Atlantic (Figure 2.12g and 2.12j). This anomalous wave train
bears similarity to the atmospheric circulation pattern responsible for U.S. summer
precipitation variations reported in Teng et al. (2013) (Figure 2.13g and 2.13j). Similar to
the spring case, the anomalous large-scale moisture transport and horizontal divergence
anomalies associated with the two summer clusters are also largely driven by changes in
circulation as opposed to changes in atmospheric humidity (Figure 2.14g and 2.14j). The
summer cluster composites of SST show a zonally-extended tri-pole structure in the midlatitude North Pacific (Figures 2.15g and 2.15j). This SST anomaly clearly resembles the
Pacific Extreme Pattern (PEP) discussed by McKinnon et al. (2016). The PEP is associated
with a zonal tri-pole pattern in the North Pacific with magnitudes of SST anomalies greater
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than 0.5 °C. This pattern has been used to make skillful statistical predictions of U.S.
summer weather including heat waves across the eastern United States.
Figures 2.12 also present the residual dryness clusters (beyond the impact of the
PDO and ENSO) for the CCSM4 and GFDL–CM3 models. In terms of the spatial pattern,
the two models show some skills in simulating the observed meridional dipole structure in
spring (spatial correlation around 0.8) although the cluster mean anomalies over the upper
Midwest are significantly overestimated by both models (Figures 2.12b, 2.12c, 2.12e, and
2.12f). For boreal summer, both models fail to faithfully reproduce the observed NW–SE
dipole pattern with the observed anomaly over the southeastern United States shifting far
westward in the models (Figures 2.12h, 2.12i, 2.12k, and 2.12l). Therefore, the models
seem to have much better skill in capturing the observed meridional dipole structure for
spring compared to representing the observed NW–SE oriented dipole structure in summer.
The cluster mean anomalous circulation patterns simulated by the CCSM4 and
GFDL–CM3 are presented in Figure 2.13. In spring, both models capture the spatial pattern
reasonably well (spatial correlation exceeds 0.55). However, both models overestimate the
streamfunction anomalies over the northern United States and this leads to biases in the
magnitude of the simulated dryness anomaly over the upper Midwest. The two models also
reasonably capture the moisture transport and horizontal divergence anomalies (Figure
2.14). Similar to observations, changes in circulation (dynamic factor) dictate the changes
in moisture transport and divergence anomalies in both models. Neither model successfully
reproduces the tri-band SST pattern in the North Pacific linked to the observed spring
dryness clusters (Figures 2.15b, 2.15c, 2.15e, and 2.15f). For the summer dryness clusters,
whose representation are problematic in both CCSM4 and GFDL–CM3, the circulation
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anomalies characterized by a quasi-stationary wave train over the Pacific–North American
sector are to certain degree reproduced by both models (Figures 2.13h, 2.13i, 2.13k, and
2.13l). However, a comparison of the observed and simulated structures reveals substantial
differences in the relative strength and location of individual troughs/ridges within the
wave train. Such differences are directly responsible for the poorly simulated anomalies in
moisture transport, horizontal divergence, and corresponding dryness over the southeastern
United States. Similar to the spring case, neither model adequately simulates the PEP-like
SST pattern during summer (Figures 2.15h, 2.15i, 2.15k, and 2.15l), which is probably due
to model’s bias in simulating circulation anomalies and/or air-sea interaction processes.
2.5

Chapter summary
In Chapter 2, U.S. hydrological extremes and corresponding LMPs and PCMs are

examined for the period 1950–2005. Regional patterns of extreme precipitation events
occurring over the continental United States have been isolated via a seasonally-stratified
hierarchical clustering analysis. The six warm season extreme precipitation patterns
correspond to regional precipitation extremes occurring over the upper Midwest,
northwestern

United

States,

southern

Great

Plains,

central/lower

Midwest,

southern/eastern United States, and southwestern United States, respectively. The five cool
season extreme precipitation patterns are related to regional precipitation extremes
occurring respectively over the central plains, southern/eastern United States,
Midwest/northern Great Plains, southwestern United States, and northwestern United
States. Cluster-mean composites are constructed to isolate the (a) LMPs (defined in terms
of 500 hPa height anomalies) and (b) anomalous lower-tropospheric moisture flux patterns
associated with each extreme precipitation pattern. The LMPs can be broadly divided into
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two categories:

large-scale Rossby

wave

train structures

and

locally-forced

cyclonic/anticyclonic circulation anomalies. Despite the different dynamical origins of
these LMPs, they all serve to initiate and maintain anomalous lower tropospheric moisture
convergence/divergence directly responsible for precipitation extremes.
For the study period of 1950–2005, the CCSM4 historical climate simulation
generally well reproduces the observed behavior of warm and cool season extreme
precipitation events in terms of both spatial patterns and duration characteristics. This
provides a useful classification of extreme precipitation events over the continental United
States. The model’s skill in representing a particular precipitation cluster tends to be
positively correlated with its ability to simulate the corresponding LMP. However,
discrepancies between the model’s capability in representing LMPs and corresponding
precipitation clusters are found for precipitation extremes occurring over the Pacific
Northwest and central/lower Midwest during warm season. The former is dominated by
topographically induced precipitation, which renders the detailed LMP structure relatively
less important than a good representation of terrain features in the model. The latter is
characterized by convective precipitation, in which case a good representation of LMP
structure does not guarantee a good simulation of precipitation, since the importance of
finer scale physical processes (e.g., convection and boundary layer processes) is regionally
and seasonally dependent and their representations in the model tend to be resolutiondependent and often problematic. Similar issues are also uncovered for precipitation
extremes over the Midwest and over the southwest mountain region during the cool season
(Sections 2.3.1 and 2.3.2).
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We also examine dry spells over the central and eastern United States during the
warm season due to a general lack of knowledge regarding the warm season dryness over
that region. Three dry spell patterns are identified, occurring over the southern Great Plains,
Midwest, and southeastern United States, respectively. The associated LMPs directly
generate dry spell events via the (a) diversion of precipitation-producing weather
disturbances and (b) regional suppression of moisture transport from nearby oceanic
surfaces. The LMPs can be divided into two categories: (1) a series of three anomalous
anticyclones located over the North Pacific, continental United States, and North Atlantic,
respectively (in Clusters 1 and 3), and (2) a quasi-stationary wave train originating from
the central North Pacific and extending downstream through North America to the North
Atlantic.
The four CMIP5 models exhibit diverging skill in representing observed dry spells.
While all four models reproduce the spatial pattern of southern Great Plains dry spells
reasonably well, only the GFDL–CM3, CCSM4, and MPI–ESM–MR successfully capture
the Midwest dry spell pattern, and only the GFDL–CM3 effectively simulates the
southeastern U.S. dry spell pattern. An individual model’s skill in representing a particular
dry spell cluster is positively correlated with its parallel skill in representing the
accompanying LMP. This highlights the importance of correctly simulating the broad
spectrum of large-scale atmospheric disturbances, either those internally generated or
externally driven, in faithfully representing extreme hydrological events in global models.
The GFDL–CM3 captures the observed decreasing trend in dry spell days over the central
and eastern United States, particularly over the southern Great Plains. However, the
magnitude of the trend is significantly underestimated by the GFDL–CM3 and all four
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models exhibit biases in representing the interannual variability in dry spell days over the
southern Great Plains. These results highlight model biases and uncertainties in capturing
1) regional circulation changes associated with global warming and 2) the correct temporal
evolutions of natural decadal-to-multidecadal modes of variability (e.g., PDO and AMO)
that typically interact with dry-spell-producing LMPs (Section 2.3.3).
Finally, we apply the MCA method to understand the relationship between the
spring and summer U.S. dryness patterns and North Pacific SST. The PDO turns out to be
the main driver of interannual variability in U.S. dryness, especially during spring with the
positive (negative) PDO phase typically leading to reduced (enhanced) dryness over the
western United States. ENSO also partially contributes to the primary mode of the U.S.
dryness. LMPs and related anomalous moisture transport for the PDO-U.S. dryness mode
are better captured by the CCSM4 and GFDL–CM3 during spring than summer, leading to
a better simulated PDO-dryness connection in spring. The trend and periodicity of the
model simulations are different from observations due to the models’ historical simulations
being fully coupled. The absence of an externally forced signal (e.g., observed SST) in
coupled models and model climate drift may lead to such differences (e.g., Doblas-Reyes
et al. 2011; Gupta et al. 2013; Newman et al. 2016) (Section 2.4.1).
Beyond the variability induced by the PDO (and supplementary contributions from
ENSO), interannual variations in spring and summer U.S. dryness are characterized by two
major modes. Hierarchical clustering analysis reveals the two spring dryness patterns
consisting of meridional dipoles, while the summer patterns consist of an NW–SE oriented
dipoles. The spring meridional dipole is associated with circulation anomalies over the
Pacific–North American sector resembling the WP teleconnection pattern. The NW–SE
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dipole in summer is driven by a quasi-stationary wave train originating from the central
North Pacific and extending downstream through North America into the North Atlantic.
The North Pacific SST feature accompanying such a wave train is the PEP pattern that has
been discussed and used to predict U.S. summer weather including heat waves (e.g.,
McKinnon et al. 2016). In both seasons, the circulation anomalies associated with the
dryness clusters are responsible for generating anomalous moisture transport and
horizontal divergence anomalies that are directly responsible for fluctuations in regional
dryness. The CCSM4 and GFDL–CM3 capture the spring meridional dipole reasonably
well despite misrepresenting the magnitude and spatial extent of the dryness anomaly
signature over the upper Midwest. Both models have difficulty in simulating the summer
NW–SE oriented dipole, mainly due to poorly simulated dryness variability over the
southeastern United States. Our analysis also reveals model difficulties in capturing the
observed extratropical SST anomalies driven by lower-tropospheric circulation anomalies,
suggesting large uncertainties in the model representation of air-sea interactions (Section
2.4.2).
The main conclusion of this chapter is the significant role that the large-scale
meteorological and climatic teleconnection patterns play in modulating U.S. hydrological
extremes. The canonical patterns of warm and cool season U.S. precipitation extremes and
central and eastern U.S. dry spells are obtained via a hierarchical clustering analysis for the
period 1950–2005. The LMP inducing each canonical extreme pattern is identified.
Moreover, we find that the North Pacific SST variability due to the PDO is the main factor
determining interannual variability in spring and summer U.S. dryness. Secondary to the
PDO, the WP teleconnection pattern and a quasi-stationary, zonally extended wave train
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over the Pacific–North American sector are two additional dynamical patterns affecting the
U.S. dryness on interannual timescales during spring and summer, respectively. In general,
a model’s skill in representing precipitation extremes or dryness is positively correlated
with the model’s ability to simulate the LMP accompanying these extremes. However,
discrepancies are found for extreme precipitation events occurring over regions such as the
western United States and Midwest, where topographic precipitation influences and
organized convection are prominent, respectively. There are still problems of resolving
sub-grid scale processes in models. The models also have varying degrees of skill in
simulating the variability and long-term trend of U.S. hydrological extremes.

The work presented in this chapter has been published in Journal of Climate (Zhao et al.
2016, 2017a) and Journal of Geophysical Research–Atmosphere (Zhao et al. 2017b).
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CHAPTER 3. THE DYNAMICS OF U.S. HYDROLOGICAL
EXTREMES IN BOREAL SUMMER
3.1

Motivation
In Chapter 2, we identify a secondary (non-ENSO or PDO related) pattern in U.S.

dryness during boreal summer, that is, an NW–SE oriented dipole pattern. However, it is
still unclear where the precursor disturbance of the U.S. dryness-related LMPs (especially
on intraseasonal timescales) arises and how long the disturbance takes to attain its
maximum amplitude. In this chapter, we will apply the atmospheric instability analysis to
understand how a weak precursor disturbance evolves into a disturbance responsible for
U.S. hydrological extremes. Moreover, the external forcing responsible for the upstream
precursor will also be investigated.
Another objective of current chapter is to understand dynamics of hydrological
extremes associated with the summer circulation change over northern mid-latitudes during
past several decades (e.g., Cohen et al. 2014; Coumou et al. 2015, 2018). Changes in the
Artic are expected to play a significant role in modulating these circulation changes. One
of the most well-known factors is called Arctic amplification, which describes a faster
warming rate over the Arctic region compared to other parts of the world (e.g., Overland
et al. 2016; Shepherd et al. 2016; Vavrus et al. 2017). During recent boreal winters, the
Arctic was observed to be much warmer while Eurasia experienced severe cold conditions
(Kretschmer et al. 2018). Such phenomenon could be well explained by the weakening of
the stratospheric polar vortex that may trigger a negative Arctic oscillation responsible for
cold extremes in Eurasia (Kim et al. 2014). Compared to winter, there are more
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uncertainties involved with dynamical pathways between the Arctic forcing and regional
weather conditions during boreal summer. Figure 3.1 have summarized three potential
hypotheses linking Arctic amplification and mid-latitude climate: changes in storm tracks,
jet stream, and quasi-stationary waves (Cohen et al. 2014; Coumou et al. 2018). Due to the
effect of the Arctic amplification, Coumou et al. (2018) suggested that 1) storm tracks over
mid-latitudes would be weakened, 2) polar (subtropical) jet may shift equatorward
(poleward), and 3) quasi-stationary short-wave trains may amplify in a warming climate.
They also argued that there is robust evidence that the implications of the weakening of
storm tracks for summer weather conditions are still not clear. Moreover, there are still
large uncertainties existing for the other two hypotheses, especially for their representation
in climate models.

Figure 3.1 Schematic representation of proposed dynamical mechanisms in summer. (a)
Weakening of storm tracks, (b) latitudinal shift in jet positions, and (c) amplification of
quasi-stationary waves. Reproduced from Coumou et al. (2018).
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In past forty years, a weakening summer circulation (on synoptic scales) associated
with rapid Artic warming was observed in northern mid-latitudes (e.g., Coumou et al.
2015), accompanied by more persistent heat waves in recent summers (e.g., Pfleiderer and
Coumou 2018). As suggested by their paper, in a typical summer, synoptic disturbances
transport moist and cool air from oceans to continents, reducing heat and dry conditions.
However, low synoptic activity and associated low eddy kinetic energy (EKE) will lead to
less frequent cool maritime air masses, creating favorable conditions for the buildup of heat
waves and drought over continents (Lehmann and Coumou 2015). Coumou et al. (2015)
argued that the weakening of summer circulation in recent decades could be attributed to
1) weakening of zonal wind (westerly jet) by a reduction in the poleward temperature
gradient and 2) change in the amplitude of Rossby wave and EKE.
However, some issues remain unaddressed, especially those related to the
connections between time-mean circulation change and short-time weather change. To
understand such connections, one route is to investigate changes in the instability properties
of a background "time-mean" flow where the instability being examined is believed to be
responsible for spontaneous growth of weather disturbances. Thus, this chapter aims to
understand the changing climate in northern mid-latitudes, characterized by the decline of
synoptic variability in recent decades, in the context of changing instability properties of
the summer background flow. An intraseasonal mode and connection to hydrological
cycles during boreal summer are discussed in Section 3.3. Section 3.4 investigates
dynamics and underlying mechanisms associated with declining synoptic variability in
northern mid-latitudes. Concluding remarks are provided in Section 3.5.
3.2

Data and methods
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3.2.1

Data
The observed daily global and U.S. daily precipitation rate is from the NOAA CPC

Unified Gauge-Based Analysis of Daily Precipitation with a horizontal resolution of 1.0°
in both longitude and latitude. The observed monthly mean precipitation rate is from the
Global Precipitation Climatology Project (GPCP), at the resolution of 2.5° in both
longitude and latitude (Adler et al. 2003). The daily geopotential height and zonal and
meridional winds are from the NCEP–NCAR reanalysis, with a resolution of 2.5°in both
longitude and latitude. The daily mean 2-meter (2m) temperature with a Gaussian grid is
also from the NCEP–NCAR reanalysis. The cloud ice and liquid water measures are taken
from the NASA Modern Era Retrospective-analysis for Research and Applications
(MERRA) reanalysis, with a resolution of 1.0°longitude by 1.0°latitude (Rienecker et al.
2011). The monthly mean SST and sea ice concentration (SIC) comes from the HadISST,
with a resolution of 1.0°in both longitude and latitude. Historical (coupled) simulations
from two CMIP5 models, the CCSM4 and GFDL–CM3, are also used.
3.2.2

Introduction of atmospheric instability
Atmospheric instability analysis has been widely used to study the dynamics of

LMPs that are linked to mid-latitude climate systems. Early studies examined growth rates,
mechanisms and criteria of atmospheric instability associated with idealized basic flows
(e.g., Hoskins 1973; Baines 1976; Mak 1983). Mak and Cai (1989) examined the modal
(associated with one normal mode; either an exponentially intensifying or decaying pattern)
and nonmodal (associated with growth comprising more than one normal mode) instability
of an idealized barotropic jet streak. They found that 1) the unstable normal modes (i.e.,
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intensifying normal modes) of the jet streak mainly appear in the downstream region of the
jet and 2) the maximum instantaneous growth rate of a nonmodal disturbance could be
several times greater than that of the most unstable normal mode. Nonmodal instability
was also investigated in studies related to explosive cyclogenesis, numerical weather
prediction, and large-scale dynamics (e.g., Farrell 1988, 1989a, and 1989b; Molteni and
Palmer 1993).
Since the 1980s, many studies have explored the modal instability of the observed
time-mean flows. Simmons et al. (1983) were the first to show that low-frequency
oscillations (e.g., the PNA pattern) during boreal winter are related to the most rapidly
growing normal mode of observed climatological mean flows. In the context of the
observed winter circulation of 1982–83, four most unstable normal modes with an efolding timescale shorter than eight days are similar to either Pacific or Atlantic storm track
of that winter (Lee and Mak 1995). Subsequent studies casted doubt on the role of modal
instability (associated with only one normal mode) in producing low-frequency oscillations
during winter (e.g., Anderson 1991; Borges and Sardeshmukh 1995).
Due to potential shortcomings of the modal perspective, nonmodal instability
analysis (NIA) was subsequently utilized to examine excitation and growth of perturbations.
A disturbance that accumulatively intensifies the most over a specific time interval is
named as an “optimal mode” in contrast to the unstable normal modes in the modal
instability analysis (Mak 2011). Chang and Mak (1995) investigated the nonmodal growth
of observed intraseasonal disturbances of winter-mean flows and found that the most
pronounced optimal mode with 1-day optimization time (i.e., intensify the most in 1 day)
has characteristic time scale of 20 days and locates over the Atlantic. Borges and Hartmann
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(1992) demonstrated, in a divergent barotropic model with the 1985–1986 winter flow, that
optimal perturbations become more localized when the optimization time becomes smaller.
The dynamics of winter storm tracks was studied from a linear instability perspective and
a large number of optimal modes with optimization time up to 10 days were found in midlatitudes (Lee and Mak 1995). It is interesting to note that the concept of “optimal growth”
was also used to investigate the growth and evolution of ENSO events (e.g., Newman et al.
2011; Vimont et al. 2014), where initial conditions characterized by SST and thermocline
anomalies are found important in triggering different types of ENSO events.
3.2.3

The nonmodal instability in the barotropic model
Following Eq. (13.36) of Holton and Hakim (2012), the unforced nondivergent

barotropic vorticity equation in spherical coordinates may be written as:
𝜕𝛻 2 𝜓
1
𝜕𝜓 𝜕𝛻 2 𝜓 𝜕𝜓 𝜕𝛻 2𝜓
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= 2
(
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In (4–1) and (4–2), 𝜓 is streamfunction; 𝑟 is the Earth’s radius; 𝜑 and 𝜆 are the latitude and
longitude, respectively; 𝛺 is the angular speed of Earth’s rotation. To obtain the linearized
version of (4–1), the flow is separated into mean ̅̅̅
( ) and perturbation ( )′, and products of
perturbation fields are neglected:
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We assume solutions of the form:
𝜓 ′ (𝜆, 𝜑, 𝑡) = 𝜙(𝜆, 𝜑) 𝑒 𝐼𝜎𝑡 ,
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(4 − 4)

where 𝜙(𝜆, 𝜑) is the perturbation streamfunction amplitude for each grid point over the
selected domain; 𝐼 is the imaginary unit; 𝜎 is the frequency of oscillation. Substituting (4–
4) into (4–3), casting the obtained equation in second order center finite-difference form
(since the region in this analysis is not on a global grid, we simply apply finite difference
for discretization), and applying boundary conditions (cyclical boundary in the longitudinal
direction is used), we obtain the matrix equation:
𝜎 𝑳 𝝓 = 𝑹 𝝓.

(4 − 5)

In (4–5), 𝑳 and 𝑹 are matrices (𝑁 × 𝑁) and 𝝓 is a vector (𝑁 × 1), where 𝑁 is the total grid
points in the two-dimensional gridded field (𝑁 = 𝑋 × 𝑌). Following Mak (2002) and Mak
(2011), we subsequently solve an eigenvalue–eigenvector problem with 𝜎 being an
eigenvalue and 𝝓 the corresponding eigenvector. A total of 𝑁 pairs of eigenvalues and
eigenvectors are generated. Each pair corresponds to a normal mode (i.e., 𝝓 𝑒 𝐼𝜎𝑡 ).
We then make use of all of the resulting normal modes (𝑁 normal modes in total)
obtained above as base functions to compute optimal modes over the optimization time 𝜏,
which means that initial disturbances would accumulatively intensify the most over the
time interval 𝜏 in the presence of a basic flow (Mak 2011). The streamfunction perturbation
at 𝑡 = 𝜏 for all grid points of the domain (expressed as a vector) can be written as:
𝑁

𝝍 = ∑ 𝝓𝑛 𝑒 𝐼𝜎𝑛 𝜏 𝑎𝑛 = 𝑷 𝜦 𝒂.

(4 − 6)

𝑛=1

In (4–6), for each value of 𝑛, 𝝓𝑛 𝑒 𝐼𝜎𝑛𝜏 denotes a normal mode at 𝑡 = 𝜏 (containing all grid
points of the domain) and 𝑎𝑛 is the projection coefficient associated with that normal mode.
𝑷 is a 𝑁 × 𝑁 matrix which is made up of {𝝓𝑛 } ; 𝜦 is also a 𝑁 × 𝑁 matrix of which the

diagonal elements are {𝑒 𝐼𝜎𝑛𝜏 } and all others are zero; 𝒂 is a vector with the elements of {𝑎𝑛 }.
Following Mak (2011), the intensity of a disturbance at 𝑡 = 𝜏 is:
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𝐴(𝜏) = 𝝍𝐻 𝑫 𝝍 = 𝒂𝐻 𝜦𝐻 𝑷𝐻 𝑫 𝑷 𝜦 𝒂 = 𝒂𝐻 𝑩(𝜏) 𝒂,

(4 − 7)

where 𝝍𝐻 is the Hermitian of 𝝍 and 𝑫 is a unit matrix (𝑁 × 𝑁). The intensity of an initial
disturbance (𝑡 = 0) is:
𝐴(0) = 𝒂𝐻 𝑷𝑯 𝑫 𝑷 𝒂 = 𝒂𝐻 𝑩(0) 𝒂.

(4 − 8)

Then the amplification factor of a disturbance is defined as:
𝛾≡

𝒂𝐻 𝑩(𝜏) 𝒂
.
𝒂𝐻 𝑩(0) 𝒂

(4 − 9)

(4–9) can be further reduced to an eigenvalue-eigenvector problem with 𝛾 being an
eigenvalue and 𝒂 the corresponding eigenvector:
𝛾 𝑩(0) 𝒂 = 𝑩(𝜏) 𝒂.

(4 − 10)

Similar to the modal growth, the optimal (nonmodal) growth will also generate 𝑁 pairs of
eigenvalues 𝛾 and eigenvectors 𝒂 and, thus, 𝑁 optimal modes for each optimization time 𝜏.
For a specified optimization time, the optimal mode with the largest amplification factor
(i.e., the largest eigenvalue 𝛾) is denoted as the first optimal mode. The remaining optimal
modes are ordered in the sequence of the magnitude of amplification factor (𝛾) and are
denoted as the second optimal mode, third optimal mode, and so on. Finally, using (4–6),
the spatial structure of an optimal mode (corresponding to one pair of 𝛾 and 𝒂) for the
optimization time 𝜏 at a time 𝑡 (𝑡 ≥ 0) could be shown as:
𝑁

𝜓

′ (𝜆,

𝜑, 𝑡) = 𝑅𝑒 (∑ 𝝓𝑛 𝑒 𝐼𝜎𝑛 𝑡 𝑎𝑛 ),

(4 − 11)

𝑛=1

where 𝑅𝑒 denotes taking the real number. The corresponding initial disturbance (𝑡 = 0) for
the above optimal mode is:
𝑁

𝜓

′ (𝜆,

𝜑, 0) = 𝑅𝑒 (∑ 𝝓𝑛 𝑎𝑛 ).
𝑛=1
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(4 − 12)

3.2.4

The nonmodal instability in the two-level quasi-geostrophic model
We derive the two-level quasi-geostrophic (QG) potential vorticity (QGPV)

equation in spherical coordinates starting from the QG vorticity equation [Eq. (6.71) of
Mak (2011)] and QG thermodynamic equation [Eq. (6.72) of Mak (2011)]. By substituting
geostrophic balance and continuity equation into the QG vorticity equation, applying the
QG vorticity equation for the upper and lower levels (i.e., 300 and 700 hPa), and making
use of vertical boundary condition, the QG vorticity equation at two levels could be
expressed as:
𝜕𝜁1
𝜔2
+ 𝑓 −1 𝐽(𝑍1 , 𝜁1 + 𝑓) = 𝑓
− 𝜅 𝜁1
𝜕𝑡
𝛿𝑝
𝜕𝜁3
𝜔2
+ 𝑓 −1 𝐽(𝑍3 , 𝜁3 + 𝑓) = −𝑓
− 𝜅 𝜁3 .
𝜕𝑡
𝛿𝑝

(4 − 13)

In (4–13), subscripts 1, 2, and 3 refer to the upper, middle (500 hPa), and lower levels,
respectively. 𝐽 is the Jacobian. Also, 𝜁 and 𝑍 are the geostrophic vorticity and geopotential,
respectively, with a relation of 𝜁 = 𝑓 −1 ℒ{𝑍} (ℒ{} is the Laplacian operator); 𝑓, 𝛿𝑝, 𝜅, and 𝜔
are the Coriolis frequency, thickness of the layer, frictional dissipation parameter, and
vertical velocity, respectively. Then, by applying the QG thermodynamic equation for the
middle level and assuming 𝑍2 = (𝑍1 + 𝑍3 )/2, the QG thermodynamic equation at the middle
level is:
𝜕 𝑓 (𝑍3 − 𝑍1 )
1
𝜔2
[
]+
𝐽(𝑍1 , 𝑍3 ) = −𝑓
,
2
2
(𝛿𝑝)
(𝛿𝑝)
𝜕𝑡
𝑆2
𝑆2
𝛿𝑝

(4 − 14)

where 𝑆 is the static stability parameter. By combining (4–13) and (4–14), we get the
QGPV equation in spherical coordinates for the upper and lower levels:
𝜕
𝑓 (𝑍3 − 𝑍1 )
1
[𝜁 +
] + 𝑓 −1 𝐽(𝑍1 , 𝜁1 + 𝑓) +
𝐽(𝑍1 , 𝑍3 ) = −𝜅 𝜁1
(𝛿𝑝)2 𝑆2
(𝛿𝑝)2 𝑆2
𝜕𝑡 1
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𝜕
𝑓 (𝑍1 − 𝑍3 )
1
[𝜁3 +
] + 𝑓 −1 𝐽(𝑍3 , 𝜁3 + 𝑓) +
𝐽(𝑍3 , 𝑍1 ) = −𝜅 𝜁3 .
2
(𝛿𝑝) 𝑆2
(𝛿𝑝)2 𝑆2
𝜕𝑡

(4 − 15)

We linearize the above equation and assume solutions for the upper and lower
perturbation (note that 𝜁 could be replaced by 𝑍 through the Laplacian operator shown
above):
𝑍𝑗 ′ (𝜆, 𝜑, 𝑡) = 𝜙𝑗 (𝜆, 𝜑) 𝑒 𝐼𝜎𝑡 , 𝑗 = 1, 3,

(4 − 16)

where 𝜙(𝜆, 𝜑) is the perturbation amplitude; 𝐼 is the imaginary unit; 𝜎 is the frequency of
oscillation. After substituting solutions into the linearized equation, discretizing the
equation, and applying cyclical boundary conditions, we obtain the matrix equation:
𝚽
𝚽
𝜎 𝐋 ( 𝟏 ) = 𝐑 ( 𝟏 ),
𝚽𝟑
𝚽𝟑

(4 − 17)

where 𝐋 and 𝐑 are matrices (2𝑁 × 2𝑁) and 𝚽𝟏 and 𝚽𝟑 are vectors (𝑁 × 1). The intensity of
a disturbance at 𝑡 = 𝜏 is defined as 𝐴(𝜏) = 𝒁𝐻 𝑫 𝒁, where 𝒁 is geopotential perturbation. The
following procedures calculating normal and optimal modes are almost the same as those
for the barotropic model. The only difference is that the total grid points are larger ( 2𝑁)
since we combine the upper and lower levels together. Finally, a total of 2𝑁 optimal modes
are obtained for each optimization time 𝜏.
3.3

An intraseasonal mode and its connection to hydrological cycles in northern
mid-latitudes

3.3.1

The pattern of intraseasonal fluctuations
In this section, we obtain the NW–SE oriented dipole pattern of the U.S. summer

dryness from another approach. We first isolate an intraseasonal mode of atmospheric
variability (with a typical period of 10–90 days) and then evaluate the precipitation
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anomaly associated with this intraseasonal mode. Intraseasonal fluctuations in daily
streamfunction at 250 hPa (for the period of 1950–2016) are obtained using a 10–90-day
Butterworth bandpass filter (Russell 2006). An EOF analysis via a covariance matrix is
applied to the bandpass filtered summer daily streamfunction (over the region 20°N–70°N,
0°–360°) to identify major patterns of intraseasonal variability in the circum-global
circulation in northern mid-latitudes during boreal summer. The top three EOF modes are
statistically distinct from one another (according to the application of the North Test) and
account for, respectively, 13.3%, 4.9%, and 4.5% of the total variance.

Figure 3.2 (a) The EOF-3 of the 10–90 day filtered daily streamfunction at 250 hPa during
summer. (b–c) Composite streamfunction anomalies (shading; m2 s −1) at 250 hPa at day 0
for the PC+ and PC− events of EOF-3, respectively. (d–e) As in (b–c), but for composite
geopotential height anomalies (shading; m) from the surface to 100 hPa at 45°N. Contours
are significant at the 0.01 level. The numbers shown in the top right corner of (a) and (d) –
(e) are the variance of the EOF mode and latitude, respectively.
Composite daily anomalies (unfiltered data) in streamfunction, geopotential height,
and precipitation are created based upon the time series of the PCs obtained in the EOF
analysis. Large magnitude days for each EOF are defined in the following manner: if the
corresponding EOF PC value on a given day is greater (smaller) than the 95th (5th)
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percentile of all PC values for this mode, we classify that day as a PC+ (PC−) event [note
that the PC value for PC+ (PC−) event is positive (negative)]. Then, if two or more
consecutive days are denoted as PC+ or PC− events, only the day with the largest PC
magnitude [i.e., the largest (smallest) PC value for PC+ (PC−) event] will be reserved. For
convenience, we denote the day of PC+ or PC− event as day 0, 1-day lag/lead as day −1/day
+1, 2-day lag/lead as day −2/day +2, and so on.
Figure 3.2a shows the third EOF mode (EOF-3) of the intraseasonal variability in
250-hPa streamfunction over the NH during summer. It is characterized by a zonallyoriented wave train extending from East Asia across the North Pacific and North America
to the North Atlantic. This pattern bears a remarkable resemblance to the wave train pattern
associated with the NW−SE dipole of U.S. dryness identified in Chapters 2 (Figure 2.12j).
Figures 3.2b and 3.2c show the composite 250-hPa streamfunction anomaly patterns for
PC+ and PC− EOF-3 events, respectively. A total of 79 (78) PC+ (PC-) event days are
identified for the period 1950–2016. Verifying the EOF-3 structure, in both composites a
wave train extends over the Pacific–North American sector, consisting of a longitudinal
series of geographically-fixed but oppositely-signed ridge/trough features. The crosssection map at 45°N (the latitudinal center of the wave packet) shows that the EOF-3 wave
train has an equivalent barotropic structure in the vertical, with little variation in the
longitudinal location of geopotential height anomaly features with respect to height
(Figures 3.2d and 3.2e). Such equivalent barotropic structures are commonly found for
LMPs over extratropical regions (e.g., Linkin and Nigam 2008; Yang and Hoskins 2017).
The EOF-3 of intraseasonal variability is also examined in the CCSM4 and GFDL−CM3.
The spatial structure of the EOF-3 of the GFDL−CM3 is quite similar to that in the
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observation, with a zonally-oriented wave train extending from East Asia across the North
Pacific and North America to the North Atlantic (Figure 3.3b). However, the EOF-3 of the
CCSM4 shifts to the Atlantic (Figure 3.3a).

Figure 3.3 (a–b) As in Figure 3.2a, but for the CCSM4 and GFDL–CM3, respectively. (c)
Difference in the climatology of the streamfunction ( m2 s −1 ) at 250 hPa for summer
between the CCSM4 and observation. (d) As in (c), but for the GFDL–CM3.
Figure 3.4a and 3.4b display the composite anomalies in the U.S. precipitation
associated with PC+ and PC− events for EOF-3. The composites show an NW−SE oriented
anomaly dipole pattern with enhanced (diminished) and diminished (enhanced)
precipitation, respectively, over the northwestern and southeastern United States during
PC+ (PC−) events. Figures 3.4c and 3.4d show the U.S. summer mean precipitation
anomalies (not seasonal total number anomaly of dry days) for the two clusters identified
in Section 2.4.2 [see Figures 2.11j (Cluster 2) and 2.11g (Cluster 1)]. It is clear that the
composite precipitation anomalies associated with PC+ and PC− events provide a strong
qualitative resemblance to corresponding patterns of interannual variations in the summer
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U.S. precipitation, albeit with some difference in magnitude. To further examine the
potential connection between the intraseasonal and interannual variability of U.S. summer
precipitation, we also compute the empirical probability distribution function of PCs of
EOF-3 falling into the years of Cluster 1 and Cluster 2, respectively, during the period
1950–2005. The results again show that large-magnitude PC+ events occur more
frequently during the years of Cluster 2 while large-magnitude PC− events are more
frequently seen during the years of Cluster 1 (Figure 3.5). These results confirm the linkage
between intraseasonal and interannual variability of U.S. summer precipitation.

Figure 3.4 (a–b) As in Figures 3.2b and 3.2c, but for composite daily precipitation
anomalies (shading; mm day−1 ). (c–d) Composite of seasonal mean daily precipitation
anomalies (shading; mm day−1) for the two clusters during boreal summer in Figures 2.11g
and 2.11j. Contours are significant at the 0.1 level.
3.3.2

The optimal growth of the intraseasonal mode
Noting that the wave train pattern identified here represents an important mode of

intraseasonal variability in NH summer climate, we next investigate its dynamic origin and
growth. Previous studies have demonstrated that, at least during winter, nonmodal growth
plays a more important role than modal growth in generating intraseasonal disturbances

69

(e.g., Chang and Mak 1993, 1995). Here we hypothesize that the emergence of EOF-3 is
the result of one of the strongest nonmodal growth within a specific time interval 𝜏 in the
NH summer climatological mean. We will test this hypothesis by studying the excitation
of optimal modes through a nonmodal (optimal) instability analysis to understand how a
weak precursor disturbance evolves into a disturbance resembling EOF-3.

Figure 3.5 Empirical PDF (y axis; %) of the PCs (x axis) of EOF-3 during the years of
cluster 1 (red line) and cluster 2 (blue line), respectively. The three black dash lines denote
the threshold of PC− events, PC value of zero, and threshold of PC+ events, respectively
(from left to right).
Analogous to previous studies considering the winter climatological mean flow as
a basic state (e.g., Simmons et al. 1983; Chang and Mak 1993, 1995), here we analyze the
summer mean streamfunction (𝜓̅) at 250-hPa of the period of 1950−2015 (Figure 3.6a).
The modal (normal mode) and nonmodal (optimal mode) instability analysis will be
performed for this given basic state (see Section 3.2.3 for details). To estimate the
appropriate values for the optimization time 𝜏 (which is a very important parameter for
NIA), we compute lag auto-correlations for the PC time series of the EOF-3. The results
show that the correlation coefficient drops from 1 to 0 at a lag of around 7 days. Therefore,
we assess the optimal modes of the summer mean flow for optimization times 𝜏 ranging
from 5 to 10 days (that are close to 7 days), which means that an initial disturbance in
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summer mean flow would likely intensify the most within 5–10 days. Such a
parameterization of the optimization time for summer mean flow is generally consistent
with those used in previous studies of winter flow (e.g., Borges and Hartmann 1992; Chang
and Mak 1995; Mitas and Robinson 2005). Finally, 𝑁 ( 𝑁 = 𝑋 × 𝑌 ) optimal modes are
obtained for each optimization time 𝜏 (ranging from 5 to 10 days).

Figure 3.6 (a) Climatology of the streamfunction (𝑚2 𝑠 −1) at 250 hPa for summer. (b) As
in (a), but for zonal wind (contour; 𝑚 𝑠 −1) at 250 hPa and its meridional gradient (shading;
𝑠 −1).
After obtaining all the optimal modes, we compare their structures to the EOF-3
pattern (both PC+ and PC− phase) to find those sharing the greatest similarity with EOF3. For each optimization time 𝜏 , we assess the spatial correlation coefficient between
composite streamfunction anomalies at day 0 for PC+ and PC− events (i.e., Figures 3.2b
and 3.2c) and all optimal modes at the time from 𝑡 = 0 to 𝑡 = 10 days [using Eq. (4–11) and
setting 𝑡 from 0 to 10]. The results reveal that the second optimal mode for the optimization
time 𝜏 = 7 ( 𝜏 = 9 ) days at 𝑡 = 9 days is most similar to the composite structure of PC+
(PC−) events with a spatial pattern correlation of 0.67 (0.68) (around 50% variance
explained). In addition, the spatial correlation coefficients for the second optimal mode
(also at 𝑡 = 9 days) determined for 𝜏 = 5, 6, 8, and 10 days are all close to 0.65, indicating a
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very small sensitivity to the precise choice of optimization time. In the following analysis,
we will mainly focus on the second optimal mode for 𝜏 = 7 and 9 days.

Figure 3.7 (a) The time evolution (for 𝑡 = 0, 1, 3, 5, 7, and 9 days) of the second optimal
mode for the optimization time 𝜏 = 7 days. (b) As in (a), but for the optimization time 𝜏 =
9 days.
Figure 3.7a shows time evolution maps [𝑡 = 0, 1, 3, 5, 7, and 9 days for Eq. (4–11)] of
the second optimal mode for the optimization time 𝜏 = 7 days, meaning that this mode has
the second largest amplification factor and intensifies the most at 𝑡 = 7 days. Consistent
with the result of the spatial correlation analysis, the structure of this mode at 𝑡 = 9 days
(i.e., Figure 3.7a6) generally resembles the pattern of the composite streamfunction at day
0 for PC+ events (i.e., Figure 3.2b). The time evolution map reveals a quasi-stationary
wave train structure, that is, downstream propagation of Rossby-wave energy via a
sequential zonal series of individual quasi-stationary troughs/ridges. Such a wave train
pattern also resembles the PJ teleconnection pattern captured in Li et al. (2014). Figure
3.7a1 shows that the initial disturbance (i.e., at 𝑡 = 0 day) of this optimal mode first appears
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over East Asia (between 20°N and 40°N) where the meridional gradient of the
climatological zonal wind at 250 hPa has large positive values (i.e., 𝜕𝑢̅/𝜕𝑦 > 0; Figure
3.6b). We note the slight but distinct NW–SE tilt in the initial disturbance horizontal
structure (i.e., 𝑢′ 𝜐 ′ < 0), indicating that the latitudinal shear straining term (−𝑢′ 𝜐 ′ 𝜕𝑢̅/𝜕𝑦) is
positive and kinetic energy is being converted from the mean flow into the disturbance
(Holton and Hakim 2012). This process dictates the growth of the initial disturbance and
the dominant role of the shear straining term in the optimal growth, consistent with the
findings in Huang (1999). The optimal growth problem for an optimization time of 𝜏 = 9
days results in an oppositely signed structure (Figure 3.7b). At the time 𝑡 = 9 days, the
optimal mode structure is spatially quite similar to the day 0 composite streamfunction
pattern for PC− events (Figure 3.7b6 versus Figure 3.2c). Compared to the second optimal
mode for 𝜏 = 7 days, the second optimal mode for 𝜏 = 9 days exhibits a very similar quasistationary wave train pattern, but of opposite sign. If we apply a two-level QG model, the
structure for two optimal modes are very similar to those in the barotropic model, but with
a smaller spatial scale of individual trough/ridge.
In addition, we also examine the optimal growth of disturbance of the two CMPI5
models’ summer background flow. Figure 3.3c shows the difference in the summer
background flow between the CCSM4 and observation. Large positive anomaly could be
found over the high latitudes, especially over the Pacific−North America sector. The
difference between the GFDL−CM3 and observation is generally small over this domain
(Figure 3.3d). Due to the general good representation of the summer background flow in
the GFDL−CM3, time evolution maps of the second optimal mode for the optimization
time ranging from 5 to 10 days are very similar to those of the observation for the
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optimization time 𝜏 = 7 or 𝜏 = 9 days (i.e., the patterns very similar to Figure 3.7).
Moreover, this result is also consistent with the similarity in the EOF-3 pattern between
the GFDL−CM3 and observation (Figure 3.3b versus Figure 3.2a). However, for the
second optimal mode resulting from the CCSM4 (with the optimization time ranging from
5 to 10 days), the spatial structure shifts to the North Atlantic, consistent with the
misrepresentation of the EOF-3 pattern in the CCSM4 (Figure 3.3a). Thus, we may infer
that the model’s skills in representing the intraseasonal mode and optimal disturbance
excitation is probably related to the ability to simulate the summer background flow.
3.3.3

The origin of initial optimal disturbances
The results presented in the previous section illustrate that East Asia (within 20°N–

40°N) is the dynamic origin for the third mode of intraseasonal variability in the NH boreal
summer circulation. In this section, we go a step further to explore the what might trigger
the development of the initial disturbances over East Asia for the optimal modes discussed
above (i.e., Figures. 3.7a1 and 3.7b1). Lag regression analysis is applied to estimate the
linear relationship between the EOF-3 PC time series and multiple fields (e.g.,
streamfunction and precipitation) that lag the PC time series by several days. Regressing
summer daily streamfunction anomalies at 250 hPa against the PC time series (the
streamfunction lags the PC time series by 8, 6, 4, and 2 days), we obtain the associated
regional evolution of the upper-tropospheric streamfunction anomalies from day −8 to day
−2 for PC+ events (where the contours delineate statistically significance at the 0.01 level
according to a Student’s t test) (Figure 3.8b). The spatial correlations between the second
optimal mode for 𝜏 = 7 days (Figure 3.8a) and regressed streamfunction anomalies (Figure
3.8b) are 0.25, 0.54, 0.73, and 0.83 from day −8 to day −2. These maps obtained by lag
74

regression analysis generally mimic those of the second optimal mode for 𝜏 = 7 days,
especially after day −6.

Figure 3.8 (a) As in Figure 3.7a, but for 𝑡 = 1, 3, 5, and 7 days over East Asia. (b) Regression
of daily streamfunction anomalies (shading; m2 s −1 ) at 250 hPa against the PC time series
of EOF-3 (the streamfunction lags the PC time series by 8, 6, 4, and 2 days). Contours are
significant at the 0.01 level. The dashed black line in (b1) denotes the reference latitude of
30°N. The number shown in the parenthesis is the spatial correlation coefficient between
optimal mode and regressed anomalies.
Figure 3.8b1 exhibits a meridional dipole structure with negative and positive
streamfunction anomaly features over, respectively, the northern and southern part of East
Asia at day −8. This dipole structure bears some similarity to that at the time 𝑡 = 1 day for
the optimal mode (Figure 3.8b1 versus Figure 3.8a1), despite the circulation band in the
latter pattern being much narrower than the former with a spatial shift in the center. The
greater difference for the initial disturbance (around day −8) is likely the result of a high-
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degree of idealization used in our analysis, including the use of a simplified unforced
nondivergent barotropic model ignoring baroclinic processes that intrinsically affects the
scale of the identified optimal disturbances. A better comparison of the initial disturbance
between those found through NIA and lag regression analysis is expected if we switch to a
more sophisticated model. We further investigate the vertical structure of the geopotential
height anomaly at day −8 for the reference latitude of 30°N. Consistent with the horizontal
distributions shown in Figure 3.8b1, the longitude-height cross section map at 30°N also
displays a ridge (trough) to the west (east) (Figure 3.9a).

Figure 3.9 (a) Regression of geopotential height anomalies (shading; m) from the surface
to 100 hPa at 30°N against the PC time series of EOF-3 (the geopotential height lags the
PC time series by 8 days). (b) As in (a), but for mass fraction anomalies (shading; kg kg −1)
of cloud liquid and ice water. (c) As in Figure 3.8b1, but for mass fraction anomalies
(shading; kg kg−1 ) of cloud liquid and ice water which is vertically integrated and
normalized from the surface to 250 hPa. (d) As in (c), but for daily precipitation anomalies
(shading; mm day−1). Contours are significant at the 0.05 level. The grey shading is for
topography. The dashed black lines denote the reference latitude of 30°N. The two solid
blue lines (from the north to south) denote the Yellow River and Yangtze River,
respectively.
The formation of ridge/trough patterns in the atmosphere could be associated with
anomalous local diabatic heating processes (e.g., latent heat release) (Rauber et al. 2005;

76

Lu and Deng 2015). As we know, the latent heat release is directly related to water phase
changes (from water vapor to liquid/ice water). Precipitation and changes in cloud water
are two factors that lead to latent heat release. Figure 3.9b shows the vertical structure of
mass fraction anomalies in cloud liquid and ice water at day −8 for the latitude of 30°N
obtained through the lag regression analysis. It is evident that positive mass fraction
anomalies around 90°E–110°E are most likely associated with enhanced latent heat release,
which would warm up the layer and positively reinforce the upper-level ridge. Conversely,
negative mass fraction anomalies near 110°E–120°E are very likely responsible for
producing negative geopotential height anomalies over this region, albeit with varying
degrees of consistency between the two fields around 120°E–130°E.
Figure 3.9c shows lag regression map for the vertically integrated (normalized by
the thickness of the column) mass fraction anomalies of cloud liquid and ice water at day
−8. For the reference latitude of 30°N, the vertically integrated mass fraction anomalies are
generally consistent with the results in Figure 3.9b. Two bands with positive and negative
mass fraction anomalies (significant at the 0.05 level), respectively, over the Yangtze River
and Yellow River, can be observed in Figure 3.9c. The positive anomalies are responsible
for the upper-level ridge shown in Figure 3.9a, while the negative anomalies are associated
with suppressed latent heat release and upper-level trough formation (see the negative band
around 40°N in Figure 3.8b1). The parallel analysis of precipitation anomalies over land is
generally consistent with that of cloud liquid and ice water (Figure 3.9c versus Figure 3.9d).
In addition to local thermodynamic forcing (i.e., latent heating), dynamic processes
(e.g., vorticity advection) can also cause a redistribution of mass in the atmosphere and
create ridge/trough patterns (Chen 2010). We examine the potential impact of remote
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dynamic forcing upon the formation of the upper-level ridge/trough over East Asia. A
similar lag regression analysis is applied to multiple dynamical fields including absolute
vorticity advection over East and Southeast Asia. No significant anomalous dynamical
sources for the initial disturbance could be found within the surrounding region, confirming
a dominant role for local thermodynamic forcing (i.e., diabatic heating processes) tied to
monsoonal precipitation anomalies over East Asia in initiating the upper-level ridge/trough
feature, which could lead to the optimal growth of a disturbance resembling the EOF-3
mode of intraseasonal variability.
3.4
3.4.1

Declining synoptic variability in northern mid-latitudes
Observed changes in the northern mid-latitude summer climate
In the previous section, we have examined the dynamic origin of U.S. hydrological

extremes corresponding to an intraseasonal mode of atmospheric variability. In this section,
we expand our research scope and further investigate the possible dynamic factors
responsible for changes in northern mid-latitude hydroclimate during summer. Two
studying periods, the early and late periods, are defined as 1979–1994 and 2000–2015,
since 1995–1999 is expected to be a transition period for some low-frequency modes of
climate variability such as PDO and AMO (e.g., Dai 2013; Stolpe et al. 2017). The
composite anomalies for the early or late period are calculated by subtracting the summer
climatology from the average of the annual mean data over that period. Student’s t test is
applied to examine the significance of composite anomalies.
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Figure 3.10 (a) The 30°N-50°N averaged summer mean precipitation anomaly (mm day−1)
averaged for the early (red line) and late period (blue line) over 100°E–30°W. Solid lines
are significant at the 0.05 level. (b–d) As in (a), but for the 2m temperature (°C), RMS of
2.5–6-day bandpass-filtered 250 hPa streamfunction (m2 s −1), and EKE (m2 s −2).
Figure 3.10a shows the summer mean precipitation anomaly averaged over 30°N–
50°N during the early (1979–1994) and late (2000–2015) periods. In the Pacific–North
America–North Atlantic sector, the precipitation anomaly is generally positive (negative)
for the early (late) period, indicating a phase shift (from positive anomaly to negative
anomaly) of summer precipitation in mid-latitudes. It is also noted that the outstanding
negative (positive) precipitation anomaly around 150°E and 80°W for early (late) period is
probably due to the change in the frequency or intensity of tropical cyclones that made
landfall over Japan and eastern United States (e.g., Emanuel 2005; Webster et al. 2005).
Compared to the precipitation anomaly, the difference in 2m temperature anomaly between
the early and late periods is more significant (Figure 3.10b). The results presented above
suggest that the mid-latitude summer in the Pacific–North America–North Atlantic sector
is generally becoming dryer and warmer during the past 40 years.
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Figure 3.11 (a) The coefficient of determination (i.e., R2) for the regression of precipitation
onto EKE. (b) As in (a), but for the regression of 2m temperature onto EKE. Contours are
significant at the 0.05 level.
Synoptic variability is typically associated with fast-propagating Rossby waves
with zonal wavenumber greater than 6 (e.g., Coumou et al. 2015). These synoptic-scale
disturbances form the mid-latitude storm track and their passages often bring precipitation
and cool weather to subtropical and mid-latitude regions in summer. As shown in Lehmann
and Coumou (2015), low synoptic variability and EKE result in less frequent cool maritime
air masses, favoring persistent heat waves and droughts. Here we quantify the synoptic
variability by computing the root mean square (RMS) of 2.5–6-day Butterworth bandpassfiltered 250 hPa streamfunction during summer (Russell 2006). Figure 3.10c shows the
composite anomaly of the RMS averaged over 30°N–50°N during early and late periods.
The RMS anomaly is generally positive (negative) over two ocean basins (significant at
the 0.05 level over the North Pacific) for the early (late) period, except for some regions
over North America, where changes in tropical cyclone activities might be important (e.g.,
Emanuel 2005; Webster et al. 2005). When evaluated in terms of the EKE (the summer
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mean EKE is based on 2.5–6-day bandpass-filtered daily winds) (e.g., McCrary et al. 2014;
Coumou et al. 2015), the synoptic variability also exhibits a phase shift (from positive
anomaly to negative anomaly), especially over two ocean basins (Figure 3.10d). The
declining summer EKE is generally consistent with that reported in Coumou et al. (2015).
To further examine how much precipitation or temperature variability is explained
by local EKE change, we perform a linear regression analysis by regressing annual mean
summer precipitation and 2m temperature onto annual mean summer EKE. The coefficient
of determination (i.e., R2) is computed and F test is applied to examine the significance of
R2. The results imply that around 20–30% (significant at the 0.05 level) of the precipitation
variability can be accounted for by EKE over the high latitudes, eastern North Pacific, and
part of North America (Figure 3.11a). For 2m temperature, the coefficient of determination
above 0.2 is generally over 30°N–50°N (Figure 3.11b). We thus infer that the observed
trend in mid-latitude synoptic variability can at least partly explain the trends in
precipitation and temperature.
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Figure 3.12 (a) The summer mean 250 hPa streamfunction (contour; m2 s −1 ) and its
anomaly (shading; m2 s −1 ) averaged for the early period. (b) The difference in summer
mean 250 hPa streamfunction anomaly (m2 s −1 ) between the late and early period (the
former minus the latter). (c) As in (b), but for summer mean 300 hPa geopotential height
(m). Only significant at the 0.05 level is shown.
The change in the background flow during the two periods is also significant.
Figure 3.12a displays the summer mean 250 hPa streamfunction and its anomaly for the
early period. The summer mean upper-tropospheric streamfunction typically decreases
from low to high latitudes (see the contour). The anomaly field (shading; significant at the
0.05 level) is characterized by negative streamfunction anomalies over the eastern Europe,
Bering Sea, northeastern Pacific and Atlantic and positive anomalies over the subtropics
of the Eastern Hemisphere. Since negative (positive) streamfunction anomaly is usually
associated with cyclonic (anticyclonic) circulation anomalies, it can be inferred that there
is a stronger westerly jet over the mid-latitude North Pacific during the early period. It is
known that such a westerly jet can act as a waveguide (e.g., Hoskins and Ambrizzi 1993;
Nishii and Nakamura 2004). The difference in the streamfunction anomaly between the
late and early period indicates that the late period anomaly corresponds to almost the exact
opposite phase of the early period one (Figure 3.12b). A weakened westerly jet may be
inferred from the streamfunction anomaly during the late period and this is consistent with
findings in Coumou et al. (2015). The background flow difference for the two periods in
terms of geopotential height at 300 (Figure 3.12c) and 700 hPa is similar to that of
streamfunction.
Previous studies have shown that variations in mid-latitude summer circulations are
likely related to Arctic warming and decadal-scale SST variability (e.g., Mills and Walsh
2013; Cohen et al. 2014; Coumou et al. 2018). During the past 40 years, there existed a
significant downward (upward) trend within the PDO (AMO) index, which may reflect the
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phase transition of PDO (AMO) that occurred around 1997–1998 (Dai 2013; Stolpe et al.
2017). Following these studies, we first conduct an MCA for the summer mean
undetrended streamfunction and undetrended SST/SIC during the period of 1979–2015 to
reveal their covarying patterns. Figure 3.13a–b display the first MCA mode (MCA-1;
which accounts for 69.9% of the total squared covariance) of the summer mean 250 hPa
streamfunction and SST. The streamfunction anomaly of MCA-1 tends to occur in
association with an SST anomaly pattern that is a combination of the negative PDO (in the
Pacific sector) and positive AMO (in the Atlantic sector). The correlation coefficient of the
expansion coefficients (time series) corresponding to the MCA-1 of the streamfunction and
SST is 0.65, indicating a moderate correlation between the coupled fields. The correlation
coefficient between the expansion coefficients of SST and AMO (PDO) index is 0.64 (–
0.92), much higher than that between the expansion coefficients of streamfunction and
these indices. In addition, the MCA-1 of the summer mean undetrended 250 hPa
streamfunction and undetrended SIC shows that changes in mid-latitude summer mean
circulation are also connected to changes in SIC, with a correlation coefficient around 0.63
(Figures 3.13c–d). The correlation between SIC and AMO/PDO index is generally weaker.
The results of the MCA show that these fields might relate to each other and provide an
observational basis for formulating physical hypotheses regarding the potential coupling
between the two fields. However, to fully understand the causal relationship between the
change in SST/SIC and that in circulation pattern, it is necessary to conduct several
modeling experiments (e.g., the AMIP run by prescribing SST or SIC anomaly) in order to
better address this “chicken or egg” problem here.
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Figure 3.13 (a) Singular vectors for the summer mean 250 hPa streamfunction
corresponding to the first MCA mode resulting from the MCA between the undetrended
streamfunction and SST. (b) As in (a), but for the SST. (c) As in (a), but for the first MCA
mode resulting from the MCA between the undetrended streamfunction and SIC. (d) As in
(c), but for the SIC. The number shown in the top right corner of (a) and (c) is the
percentage of the total squared covariance for the coupled mode.
3.4.2

Changes in the excitation of synoptic variability viewed from a nonmodal instability
perspective
The previous section shows that changes in mid-latitude summer synoptic

variability may result in a dryer and warmer climate. In this section, we further investigate
the dynamic origin, precursor disturbance, and wave propagation responsible for the
observed changes in synoptic variability. Here we hypothesize that changing synoptic
disturbance activities in the two periods are the result of changing optimal disturbance
growth in a changing summer background flow. We will test this hypothesis by identifying
the optimal disturbances through the NIA applied to the summer mean flow in the early
and late periods.
We first carry out the NIA in a barotropic model (see Section 3.2.3 for details) and
consider summer mean 250 hPa streamfunction during the early and late periods as

84

background flows. From the MCA in Figure 3.13, we may infer that the summer
background flow during these two periods links to PCM such as PDO and AMO and Arctic
sea ice. Previous studies suggested that a realistic value for the dissipation timescale (𝜅 −1)
in the upper troposphere is about 5 days (e.g., Borges and Sardeshmukh 1995; Mitas and
Robinson 2005). We add a damping term (−𝜅 ∇2 𝜓 ′ ) on the rhs of Eq. (4–3), where 𝜅 is the
frictional dissipation parameter. We set 𝜅 −1 to be 5 days in the barotropic model. To get
rapidly amplifying disturbance within a basic flow, the optimal mode will be subsequently
studied. Given the typical 2.5–6-day lifespan of synoptic-scale disturbances, here we assess
the optimal modes of the summer mean flow for an optimization time 𝜏 of 1 to 2 days (i.e.,
close to one-fourth of the total lifespan). Substantial and consistent differences are found
between the two periods for the optimization time considered above. In the following
discussion, we will show the results for 𝜏 = 1.5 days.

Figure 3.14 (a) The time evolution (for t = 0, 2, 4, 6, and 8 days) of the first optimal mode
for the optimization time 𝜏 = 1.5 days during the early period in the barotropic model. (b)
As in (a), but for the late period.
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The amplification factors decrease from the first to the fiftieth optimal mode. Figure
3.14a shows the time evolution map (𝑡 = 0, 2, 4, 6, and 8 days) of the first optimal mode
during the early period. The initial disturbance (i.e., at 𝑡 = 0 day) of the first optimal mode
first appears over Central and East Asia (between 20°N and 40°N; Figure 3.14a1) and it
intensifies the most by 𝑡 = 1.5 days. At around 𝑡 = 8 days, the wave train crosses North
America and reaches the Atlantic (Figure 3.14a5). For the late period, however, the initial
disturbance appears over Central Asia (Figure 3.14b1), and the wave train takes much
longer time to reach North America or even the Atlantic (Figure 3.14b5). Such difference
between the two periods is likely due to a weaker westerly jet (which acts as a waveguide)
over the mid-latitude North Pacific during the late period. Since the wave dispersion
relation for Rossby waves is 𝑐 = 𝑢̅ − 𝛽/𝑘 2, where 𝑐 refers to total zonal phase speed, 𝑢̅ is
the eastward advection by mean flow, and the last term is the westward retrogression due
to Rossby wave restoring force. The last term could be transfer to the form of 𝛽(𝐿𝑥 )2 /(4𝜋 2).
The relative slowness of the wave in the late period could be related to the wavelength (i.e.,
𝐿𝑥 ). Here we hypothesize that the change in westerly jet might alter the frequency and

wavelength of the observed summer waves. To test this hypothesis, we have performed
additional analyses to investigate the frequency and wavelength of observed summer waves
during the two periods.
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Figure 3.15 (a) The power spectrum (y axis) of the period (x axis; day) of daily 250 hPa
streamfunction during summer for early period at a given location. (b) As in (a), but for the
late period. The black, blue, and red lines denote the spectrum of the period of
streamfunction, Markov red noise spectrum, and 95% confidence limit, respectively.
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Figure 3.16 (a) Empirical PDF (y axis; %) of the wavelength (x axis; km) of daily 250 hPa
streamfunction at 30°N during summer for the early (red line) and late (blue line) period,
respectively. (b) (c) (d) As in (a), but for 40°N, 50°N, and 60°N, respectively.
Figure 3.15 shows the power spectrum of the period (1/frequency) of daily 250 hPa
streamfunction during summer for the two periods at a given location over mid-latitudes.
To reduce the sensitivity to a specific location, we average the spectrum over the
surrounding 25 points (i.e., in an area of 10.0° by 10.0°) centered about the selected
location. The results among difference locations are quite different. Some location may
exhibit a shift from higher frequency towards lower frequency. For example, over North
America (50°N/100°W), the period of 18–23 days during late period is obviously more
significant than that during early period (Figures 3.15a4 and 3.15b4). In addition, we
performed a similar analysis to obtain the spectrum of wavelength of streamfunction (at
certain latitude) for each day in summer during the two periods (Figure 3.16). Then, we
record all the wavelength with power spectrum significant at the 0.05 level on each day.
Finally, we estimate the empirical probability distribution function (PDF) of those recorded
wavelengths for the early (red line) and late (blue line) period, respectively. Figure 3.16a
shows the PDF of the wavelength (significant at the 0.05 level) at 30°N during early and
late period. It shows that PDF of wavelength ranging from 6000 km to 10000 km (typically
the low-frequency wave) is higher in late period than in early period. However, diverging
results are shown at other latitudes (Figures 3.16b–3.16d). Thus, the slightly longer
wavelength of the first optimal mode during late period cannot fully explain the changing
properties of observed waves.
Earlier studies have shown that variance of transients from multiple short-term
integrations of a linear storm track model could be used to estimate activities of storm
tracks (synoptic-scale variability) (e.g., Branstator 1995; Gritsun et al. 2008). Here we
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resort to a similar approach by considering the evolution in each day (from t = 0 to t = 8;
nine days in total) of each optimal disturbance as an individual case and compute the
variance (i.e., RMS) of the top 5, 10, 20, and 50 optimal disturbances, respectively, to
provide a more objective assessment of the general synoptic-scale variability. Figure 3.17a
shows the difference in the RMS of the first 5 optimal modes (i.e., total of 45 cases)
between the late and early period (the former minus the latter). Synoptic variability
quantified in this way shows a general suppression of wave activities during the late period
in northern mid-latitudes, especially over the North Pacific. Similar results are shown for
the first 10, 20, and 50 optimal modes (Figures 3.17b–d). However, the spatial scale of
these optimal modes is greater than that of typical synoptic-scale disturbances. To better
represent the synoptic variability, we adopt a two-level QG model (see Section 3.2.4) to
further investigate the changing optimal disturbance excitation during the two periods.
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Figure 3.17 (a) The difference in the RMS of the first 5 optimal modes between the late
and early period (the former minus the latter) in the barotropic model. (b) (c) (d) As in (a),
but for the first 10, 20, and 50 optimal modes.
In the two-level QG model, the basic state is the summer mean 300 and 700 hPa
geopotential (i.e., ̅̅̅
𝑍1 and ̅̅̅
𝑍3 ), which is the product of geopotential height and gravitational
acceleration. The static stability parameter at the middle level ( 𝑆2 ) is considered as a
constant with the typical value of 3.1 × 10−6 m2 Pa−2 s −2 for 500 hPa in mid-latitude
summer. Similar to that in the barotropic model, we set dissipation timescale (𝜅 −1) at 300
hPa to be 5 days. For 700 hPa, considering the topography effect and land/ocean difference,
we set the dissipation timescale to be 3 days over the ocean and 1.4–3 days over the land
[the higher (lower) summer mean surface pressure is, the larger (smaller) dissipation
timescale is]. For example, the value for Tibetan Plateau (with very low surface pressure)
is around 1.4 days, indicating a very strong damping effect there. Following the NIA in the
barotropic model, we still compare the optimal modes of the early and late periods when
𝜏 = 1.5 days (similar results could be found when 𝜏 ranges from 1 to 2 days).
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Figure 3.18 (a) As in Figure 3.14a, but for the first optimal mode for the optimization time
𝜏 = 1.5 days at 300 hPa (shading) and 700 hPa (contour) during the early period in the twolevel QG model. (b) As in (a), but for the late period.
Figure 3.18a shows the time evolution map of the first optimal mode at 300
(shading) and 700 (contour) hPa during the early period. When the wave train and
associated energy propagates downstream, troughs/ridges leading the wave train also move
eastward and some falling behind just dissipate. Those dissipating disturbances may
transfer energy back to the summer mean flow through barotropic conversion from eddy
kinetic energy to mean kinetic energy. To better view the vertical structure of the optimal
modes, we constructed the time evolution map of the first optimal mode in terms of
geopotential perturbation at 300 hPa (solid line) and 700 hPa (dashed line) for the latitude
band of 40°N and 50°N, respectively (Figures 3.19 and 3.20). Note that during the
beginning stage, slight westward-tilt structures could be seen within the wave packets
(Figures 3.18a1–a3). This suggests that baroclinic conversion plays a significant role in the
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amplification of the optimal disturbance. After t = 4 days, the optimal disturbances at the
two levels become more barotropic even attaining a slight eastward tilt, which is largely
consistent with the lifecycle of baroclinic eddies. The fast-propagating wave train extends
through North America to the Atlantic at around t = 8 days (Figure 3.18a5). The optimal
growth for the late period is mainly confined in the North Pacific (Figure 3.18b), which is
similar to the results in the barotropic model (Figure 3.14b). Compared to the first optimal
mode in the barotropic model, the one obtained in the two-level QG mode has a smaller
spatial scale, closer to the typical synoptic-scale waves. Figure 3.21 displays the difference
in the RMS of the first 5, 10, 20, and 50 optimal modes (their spatial scales are closer to
synoptic scale), respectively, between the late and early period (the former minus the
latter). A suppression of wave activities is shown over the North Pacific and North Atlantic
(albeit with some inconsistency in Figure 3.21a), generally consistent with the finding in
the observation. These results highlight the importance of the changing summer
background flow in contributing to the observed changes in synoptic variability and
suggest that nonmodal growth in a changing background flow is at least partly responsible
for the observed changes.
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Figure 3.19 (a) The time evolution (for t = 0, 2, 4, 6, and 8 days) of the first optimal mode
at 40°N for the optimization time 𝜏 = 1.5 days at 300 hPa (solid line) and 700 hPa (dashed
line) during the early period in the two-level QG model. (b) As in (a), but for the late period.
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Figure 3.20 As in Figure 3.19, but for 50°N.
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Figure 3.21 (a) As in Figure 3.17a, but for the difference in the RMS of the first 5 optimal
modes at 300 hPa (shading) and 700 hPa (contour) in the two-level QG model. (b–d) As in
(a), but for the first 10, 20, and 50 optimal modes.
3.5

Chapter summary
In Chapter 3, we examine the dynamics of the summer hydroclimate systems over

the northern mid-latitudes, especially those related to U.S. hydrological extremes. The
dynamic origin of the NW–SE oriented dipole of precipitation anomalies occurring over
the United States in boreal summer (identified in Chapter 2) is investigated through a
nonmodal (optimal) instability analysis. We obtain a similar NW–SE oriented dipole
pattern from another approach in this chapter. We first isolate a leading intraseasonal mode
of upper atmospheric variability and then evaluate the precipitation anomaly associated
with this intraseasonal mode. This is pursued via an EOF analysis of daily 10–90 day
bandpass-filtered 250 hPa streamfunction for the period of 1950–2016. EOF-3 consists of
a quasi-stationary wave train pattern over the Pacific–North American sector with an
equivalent barotropic vertical structure. Both the wave train pattern and associated
precipitation anomaly pattern closely resemble the results of the interannual variability in
the U.S. summer dryness (identified in Chapter 2). The two CMIP5 models exhibit
diverging skill in representing the EOF-3 mode. The GFDL–CM3 successfully captures
the wave train pattern of the EOF-3, while that in the CCSM4 shifts the pattern to the North
Atlantic (Section 3.3.1).
The dynamic origin of the EOF-3 quasi-stationary wave train is explored using an
unforced nondivergent barotropic model. An NIA of the climatological summer mean flow
indicates that both positive and negative phases of EOF-3 may be triggered by ideally
configured small-scale precursor disturbances over East Asia with a strong meridional
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gradient of zonal wind. The precursor disturbances include an NW–SE horizontal tilt that
facilitates kinetic energy transfer from the basic flow into the growing perturbation. Over
a period of nine days, the precursor disturbances grow in magnitude as energy propagates
downstream via the North Pacific towards North America establishing the quasi-stationary
wavetrain. We find that the GFDL–CM3 generally well simulates the observed summer
background flow over mid-latitudes, while the CCSM4 largely overestimates it, especially
over the high latitudes of the Pacific−North America sector. Similar to the eastward shift
of the EOF-3 in the CCSM4, the second optimal disturbance in the CCSM4 also shifts to
the North Atlantic. The GFDL–CM3 successfully simulates the optimal disturbance
associated with the EOF-3 mode. Thus, we infer that the model’s performance in
representing the EOF-3 of the intraseasonal variability and its optimal disturbance
excitation is very likely related to its ability to simulate the background time-mean flow
(Section 3.3.2).
A lag regression analysis based on the observed EOF-3 PCs reveals a dipole
structure in upper-level streamfunction over East Asia that resembles the precursor
disturbance identified through the parallel instability analysis, indicating that upper
tropospheric variability over East Asia is likely a key in the development of the EOF-3
intraseasonal mode and associated downstream precipitation anomaly pattern over the
United States in boreal summer. Lag regression analysis further reveals that water phase
changes linked to the formation of cloud and precipitation are responsible for local latent
heating anomalies that likely trigger the precursor disturbance for EOF-3 over East Asia.
And these cloud and precipitation anomalies are directly associated with meridional shifts
in the East Asian monsoonal rainfall during boreal summer (Section 3.3.3).
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Motivated by prominent changes in the summer circulation over northern midlatitudes during the past several decades, we examine the dynamical processes responsible
for such long-term changes in the second part of this chapter. Over the past 40 years, it is
observed that the northern mid-latitude summer is becoming dryer and warmer in the
Pacific–North America–North Atlantic sector, partly driven by declining synoptic
variability, especially over the North Pacific and North Atlantic. The corresponding
changes in the summer background flow are characterized by weakened westerly jets in
northern mid-latitudes. An MCA of the summer mean flow and North Pacific/North
Atlantic SST and Arctic SIC reveals potential connections between the observed mean flow
change, phase transitions in the PDO/AMO, and changing SIC duirng recent decades
(Section 3.4.1).
Separate NIA of the summer mean flow for the early (1979–1994) and late (2000–
2015) periods suggests that the decline of synoptic variability observed in the late period
can be at least partially explained in terms of changes in the properties of optimal
disturbances that intensify strongly over a 1–2-day interval. This result is confirmed using
both barotropic and two-level QG models, with the two-level model successfully
simulating the typical spatial scales of mid-latitude synoptic waves. Specifically, in the
two-level model, the precursor disturbance of the leading mode appears over Central and
East Asia in the early study period, while it is mainly confined in the North Pacific for the
late period. The model synoptic variability associated with the top (up to 50) optimal
disturbances also indicates an overall suppression of wave activity in northern midlatitudes during the late period. These results suggest the key role of a changing summer
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background flow and its associated nonmodal instability properties in helping understand
long-term changes in summer synoptic variability (Section 3.4.2).
The main conclusion from this chapter is that the dynamics of hydrological
extremes over the United States as well as northern mid-latitudes can be understood
through a nonmodal (optimal) instability perspective. An NW–SE oriented dipole pattern
in summer U.S. precipitation associated with an intraseasonal mode of atmospheric
variability is found to be excited by upstream precursor disturbances over East Asia around
nine days in advance. Anomalous latent heating associated with cloud and precipitation
formation over East Asia is responsible for generating the precursor disturbances. This
result indicates an important physical connection between the hydrological cycles of East
Asia and North America, which is dynamically intrinsic to the boreal summer upper
tropospheric flow. Two leading CMIP5 models have varying degrees of skill in simulating
the summer climatological flow, EOF-3 of intraseasonal variability, and optimal
disturbances excited by the background flow. Additional analyses reveal that the Pacific–
North America–North Atlantic sector has generally experienced a dryer and warmer
summer climate during the past forty years. These changes are partly associated with
declining mid-latitude synoptic variability in boreal summer, especially over the two ocean
basins. Synoptic variability associated with fast, nonmodal growth of atmospheric
disturbances shows a parallel decrease over northern mid-latitudes for the later period
(2000–2015). The results in this chapter highlight the importance of the background timemean flow in determining the spectrum of atmospheric disturbances responsible for
regional hydrological extremes. In response, local cloud and precipitation formation likely
also help generate atmospheric disturbances through thermodynamic processes such as
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latent heat release, and these disturbances may finally dissipate energy to the mean flow
kinetic energy.

The work presented in this chapter has been published in Journal of Climate (Zhao et al.
2018; Zhao et al. 2019).
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variability relevant to the U.S. hydroclimate in boreal summer: Dynamic origin and
East Asia connection. J. Climate, 31, 9855–9868.

99

CHAPTER 4. CONCLUDING REMARKS
This dissertation explores the dynamics, variability, and model representations of
U.S. hydrological extremes emphasizing boreal warm season. A hierarchy of analysis
approaches are employed spanning from a statistical characterization of modes of
variability of hydrological extremes and their large-scale organization to dynamical
instability analyses aiming to uncover the underlying mechanisms responsible for the
occurrences of these extremes. The main objective of this research is to obtain a processlevel understanding of the statistical properties, dynamical origins, and model
representations of U.S. hydrological extremes, focusing on scale-interaction processes that
inter-connect local hydrological extremes, large-scale atmospheric disturbances, and the
background time-mean flow.
4.1

Dissertation summary and implications
In the first part of this study (Chapter 2), the modes of variability and large-scale

organization of U.S. hydrological extremes are examined. Regional patterns of extreme
precipitation events occurring over the continental United States are identified via a
hierarchical cluster analysis of observed daily precipitation for the period 1950–2005. Six
canonical extreme precipitation patterns are isolated for the boreal warm season (Figure
2.1) and five for the cool season (Figure 2.4). A parallel analysis of the CCSM4 reveals
that the model successfully captures the main U.S. extreme precipitation patterns for both
warm and cool seasons, albeit with varying degrees of accuracy. The model’s skill in
simulating each extreme precipitation pattern tends to be positively correlated with its
ability to represent the associated LMP (Figures 2.2 and 2.5 versus Figures 2.1 and 2.4).
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However, discrepancies are found between the CCSM4’s representation of LMPs and
extreme precipitation patterns over western and midwestern United States, where
topographic precipitation influences and organized convection are prominent, respectively.
In these cases, the model representation of finer scale physical processes appears to be at
least equally as LMPs in determining the occurrence of extreme precipitation.
In addition to precipitation extremes, warm season dry spells over the central and
eastern United States are also evaluated for the period 1950–2005. Three canonical dry
spell patterns are identified via the hierarchical clustering analysis (Figure 2.6). Four
CMIP5 models exhibit diverging skill in representing the observed behavior: ranging from
southern Great Plains dry spells that are reasonably simulated by all four models to
southeastern U.S. dry spells that are only accurately captured by one model. A model’s
skill in representing a particular dry spell cluster is positively correlated with the model’s
ability to simulate the LMP accompanying the dry spell (Figure 2.7). The interannual
variability and overall observed decreasing trend in dry spell days are represented with
varying degrees of accuracy by four models (Figure 2.8). These results (a) highlight
existing shortcomings in the climate model representation of regional dry spells and (b)
illustrate the importance of properly simulating the observed spectrum of LMPs in
minimizing these shortcomings.
An MCA reveals that the PDO is the primary driver of interannual-to-decadal scale
variability in U.S. dryness during spring and summer (Figure 2.9 and 2.10). ENSO also
contributes in part, especially during spring. Beyond the PDO and ENSO impacts,
interannual variation in spring dryness is typically characterized by a meridional dipole
structure while variation during summer is related to an NW–SE oriented dipole (Figure
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2.12 and 2.13). The spring meridional dipole is associated with circulation anomalies
resembling the WP teleconnection pattern while the summer NW–SE dipole is a
downstream manifestation of a quasi-stationary wave train emanating from the North
Pacific. A parallel analysis of two CMIP5 models’ historical simulations demonstrates that
the two models generally capture the relation between the U.S. dryness and the PDO, albeit
with varying degrees of accuracy. The models also show reasonable skill in simulating the
residual meridional dipole in spring dryness variability, but have difficulty representing the
NW–SE oriented dipole occurring during summer. The model shortcomings isolated here
largely arise from a misrepresentation of the corresponding large-scale circulation and
moisture transport anomalies. These model biases suggest that great challenges exist in our
ongoing pursuit of reliable projections of U.S. hydroclimate variability.
Motivated by the results presented in Chapter 2, Chapter 3 of this dissertation
explores the dynamic origin of the NW–SE oriented dipole of precipitation anomalies over
the United States in boreal summer. The NW–SE oriented dipole pattern of precipitation
is found to be connected to a cross-Pacific wave train over the Pacific–North American
sector in boreal summer. Intraseasonal modes of atmospheric variability over northern midlatitudes in boreal summer are identified via an EOF analysis of daily 10–90 day bandpassfiltered 250 hPa streamfunction for the period 1950–2016 (Figure 3.2). The third EOF
mode is a quasi-stationary wave train over the Pacific–North American sector having an
equivalent barotropic vertical structure. EOF-3 is associated with an NW–SE oriented
anomalous precipitation dipole over the United States, similar to the mode of interannual
variation in summer dryness identified in Chapter 2 (Figure 3.4). Additional analysis of the
empirical probability distribution function of PCs of EOF-3 falling into the years of Cluster
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1 and Cluster 2, respectively, show that large-magnitude PC+ events occur more frequently
during the years of Cluster 2 while large-magnitude PC− events are more frequently seen
during the years of Cluster 1. These results confirm a linkage between intraseasonal and
interannual variability of the U.S. summer precipitation.
An NIA of the boreal summer climatological flow 250 hPa streamfunction reveals
that one of the top optimal mode disturbances resembling the EOF-3 structure grows from
an initial precursor disturbance over East Asia via extraction of kinetic energy from the
background flow, attaining its maximum amplitude in around 9 days (Figure 3.7). The two
CMIP5 models exhibit diverging skill in representing EOF-3 of the intraseasonal
variability, the summer background flow, and associated optimal disturbance of the
background flow (Figure 3.3). An important result is that a model’s skill in representing
the leading intraseasonal mode and its optimal disturbance excitation is strongly related to
model’s ability to properly simulate the background time-mean flow. A lag regression
analysis illustrates that anomalous latent heating associated with cloud and precipitation
formation over East Asia is responsible for generating the precursor disturbance for the
EOF-3-like optimal disturbances (Figure 3.9).
The NIA of this study provides an effective approach for understanding the
dynamical pathway between non-local forcing (i.e., diabatic heating related to East Asian
rainfall anomalies) and the excitation of modes of regional hydroclimate variability (i.e.,
the dipole pattern in the U.S. summer precipitation). A key difference with Zhu and Li
(2016), which also suggested that an NW–SE oriented dipole structure in rainfall over the
United States is triggered by heating over subtropical East Asia via an upper-level Rossby
wave train during summer, is that we use the NIA of the boreal summer background flow
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to demonstrate that the excitation of a cross-Pacific wave train is intrinsically favored by
the structure of the summer background flow. In other words, the emergence of such a
wave train and the associated intraseasonal variability is not by chance, but analogous to
cyclones inevitably emerging from a baroclinically unstable background flow. This
analysis framework also allows us to identify other important modes of variability
preferentially occurring during boreal summer (i.e., through computing other “optimal
modes”), and is therefore a more general approach of seeking the dynamical origin of largescale disturbances of a specific class compared to the “initial value” approach taken by Zhu
and Li (2016) in examining the atmospheric response to a prescribed diabatic heating
anomaly. Our results highlight the existence of an important connection between
hydrological cycles of East Asia and North America, which is dynamically intrinsic to the
boreal summer upper tropospheric flow. Knowledge of such a connection will aid in better
understanding and modeling hydroclimate variability over these two continents.
The second part of Chapter 3 further examines dynamical processes responsible for
a long-term weakening of the summer circulation on synoptic scales over northern midlatitudes reported by Coumou et al. (2015). Consistent with their paper, our study also
indicates that the Pacific–North America–North Atlantic sector in general has experienced
a dryer and warmer summer climate during the past several decades (Figure 3.10). These
changes are linked to declining mid-latitude synoptic variability during boreal summer,
especially over the two oceanic basins. The corresponding changes in the summer
background flow are characterized by weakened westerly jets in northern mid-latitudes
(Figure 3.12). These background flow changes are closely tied to SST variability and sea
ice change (Figure 3.13).
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NIA of the boreal summer background flow is conducted separately for two
periods, 1979–1994 and 2000–2015, in order to understand the dynamical processes
responsible for the observed decline in synoptic variability. Both barotropic and two-level
QG models are applied, including a realistic damping effect included in the linearized
equations, allowing disturbances to dissipate energy to the mean flow. In both models, the
synoptic variability associated with fast, nonmodal growth of atmospheric disturbances is
reduced over northern mid-latitudes in the later period, with the two-level model
successfully simulating the typical spatial scales of mid-latitude synoptic waves (Figure
3.14–3.21). These results highlight the importance of a changing summer background flow
in contributing to observed changes in synoptic variability.
In summary, Chapter 2 demonstrates the fundamental role of LMPs and PCMs in
modulating U.S. hydrological extremes. The connection among hydrological extremes,
LMPs, and PCMs and the corresponding model representations of such connection are
highlighted. The dynamics of the summer hydroclimate system over northern mid-latitudes
emphasizing the United States is documented in Chapter 3. The importance of the summer
time-mean flow in the generation of atmospheric disturbances responsible for regional
hydrological extremes is highlighted in this chapter. The analyses reported in this
dissertation delineate scale-interaction processes in driving seasonally-stratified
hydrological extremes over the United States. With the insights reported in this
dissertation, these dynamical mechanisms and processes provide valuable information for
the causes of hydrological extremes that may lead to significant societal impacts or severe
financial losses. Moreover, this dissertation improves our understanding of the variability
and changes of the U.S. hydrological extremes during the past several decades and assesses
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the performance of global climate models in simulating these extremes. The ultimate
benefit of the study is to improve the accuracy of predictions of U.S. hydrological extremes
across subseasonal to decadal timescales in a warming climate and therefore minimize
death tolls and financial losses resulting from these extremes.
4.2

Directions for future studies
The results presented here provide some general guidelines for modeling efforts

that target the simulation of hydrological extremes. These include bias identification and
origin-tracking via a structured examination of the simulated spectrum of large-scale
atmospheric disturbances. I want to stress that although LMPs are essential in initiating
hydrological extremes over the United States, local land feedback processes can also be
important in sustaining and amplifying the dry/wet conditions. Additional research is
required to fully delineate the dynamical (e.g., LMPs) and thermodynamical (e.g., soil
moisture feedback) nature of these extremes. Ongoing and future work may also include
an examination of the potential changes of the U.S hydrological extremes under various
global warming scenarios using CMIP6 models’ future projections.
Future studies should also include a simultaneous consideration of baroclinic and
nonlinear processes involved in forming the EOF-3 of intraseasonal variability, and a more
detailed examination of the implication of this mode for the predictability of U.S.
hydroclimate variability in summer. One caveat of the current study is that the results of
the NIA depend on the exact form of the norm used to measure the “energy” of the
disturbance. We are currently exploring such sensitivities. Additionally, we have
demonstrated that the decline of synoptic variability in the most recent decade period can
be partially explained in terms of the changes in the properties of optimal disturbances. In
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future studies, we will examine the excitation of synoptic variability in a predicted
background flow associated with ongoing global climate change. Finally, changes in latent
heating within synoptic-scale disturbances related to global warming and an increased
overall atmospheric moisture content could play an important role in determining the
overall changes in the regional behavior and impact of such disturbances. The potential
impact of latent heating change is of particular interest in future studies.
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